
5 APPLICATIONS  TO                                                             
LOW-TEMPERATURE SYSTEMS 

Applying environmental isotope methods we have to distinguish between low-temperature 
(<90°C), medium-temperature (90<T<150°C) and high-temperature (>150°C) systems. In 
low-temperature systems many reactions and processes changing the isotopic compositions 
are too slow to have detectable effects. Low-temperature systems offer a wide field of appli-
cations in hydrogeology and hydrology:  

• identification of the origin of groundwater and of its geogenic and anthropogenic con-
stituents (e.g. pollution),  

• tracing hydrochemical processes in groundwater and mixing processes (leakage of aqui-
fers, mixing of groundwater with surface water from lakes or rivers (Volume III), brine, 
ocean water), and  

• groundwater dating for the study of groundwater movement (flow pattern). 

There are different aspects to be considered for the unsaturated and saturated zones.  

A detailed description of the sampling for the various kinds of isotopic analyses of various 
kinds of water samples is given by Clark and Fritz (1997) and in Volume I. 

5.1 UNSATURATED ZONE 

Environmental isotope studies in the unsaturated zone have been carried out to obtain infor-
mation on special aspects of the hydrological cycle. Special attention has been given to iden-
tify: 

• the groundwater recharge rate (applying tritium and stable isotopes), 

• the rate of evaporation from soils and shallow groundwater (by means of hydrogen and 
oxygen isotopic compositions), and  

• the sources of the water used by plants. 

5.1.1 PRINCIPAL SOIL PARAMETERS OF THE UNSATURATED ZONE 

Three types of water are distinguished in the unsaturated zone: 

1) mobile water (free water or gravity water), circulating through the macropores of the ma-
trix mainly subject to gravity. The drainage of such water corresponds to the state of the 

 49



Chapter 5 

field capacity 

retentive water or absorbed water remaining bound by capillary forces after drainage of 
the mobile water. This bi

2) 
nding is strongly linked to the soil matrix by electrostatic forces 

3) 

on begins at 60°C. Some of the 

 of 
st important  are 

3) ion of water and solutes; 
ticles per unit of mass 

4) the mineralogic composition of the soil. 

5.1.2 GEOHYDRAULIC ASPECTS  

 by roots affect the flux of tracers, and above the water 

ated zone as the permeability and the hydraulic 

 flux is used in those parts of the profile where du-
alflow pathways regulate the tracer flux. 

and molecular attraction 

constitutive water, an integrated part of the chemical compounds in the matrix and theo-
retically non-exchangeable, at least during the time of percolation. It resists a heating up 
to about 105°C apart from gypsum for which dehydrati
absorbed water in clay also resists heating above 105°C. 

Qualitative parameters to describe the unsaturated zone and to investigate the movement
soil water are based on the characteristics of the sediment matrix. The mo

1) the texture describing the grain size distribution of the soil particles 

2) the structure describing the construction on aggregates or isolated or cemented particles  

the specific surface considers the phenomena of surface absorpt
it is defined as  the total surface of the par

5.1.2.1 STEADY-STATE FLOW 

Steady-state mass balance models are fairly robust for the application to intermediate depths. 
This is the part of the unsaturated zone below the depth where water flow in preferred path-
ways (Sect.5.1.2.2.3) and water uptake
table where flow is no longer vertical. 

Steady-state solute tracer techniques completely depend on the estimate of the solute flux in 
the profile or region of interest. In many situations, however, redistribution of water and sol-
ute fluxes within the profile may cause uncertainties in this estimate. Surface runoff and hori-
zontal saturated flow perched on low-permeability layers in the profile may disturb the flux 
into the deep profile. Vertical piston flow (water advances down the profile completely dis-
placing older water) can be described by the convection–dispersion equations of solute trans-
port. A particular situation arises in the unsatur
charge are dependent on the moisture content. 

Difficulties arise if the tracer distribution at any time does not represent the long-term average 
conditions. In those cases water fluxes may be many orders of magnitude larger than the long-
term average (steady-state). Dispersive-diffusive fluxes of solutes are probably grossly under-
estimated if the long-term average water
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5.1.2.2 MOVEMENT OF SOLUTES  

The conceptual model of mobile-immobile water has been used to encapsulate those proc-
esses in which one part of the water phase is relatively immobile compared to the other. 
Hence, any solute which enters the immobile phase will cause the solute to be retarded rela-
tive to the water movement in the mobile phase. Processes that can be included in this model 
are anion exclusion, mixing with water in dead end pores and aggregate dispersion 
(Sect.5.1.2.2.2). The interaction between mobile and less mobile phases has been approxi-
mated by being proportional to the difference in the concentrations of the mobile and less mo-
bile phases. In the event of strong interaction, the concentrations of the two phases will be 
equal, while for weak interaction there is virtually no time for mixing or exchange. A com-
plete mixing may be assumed of slowly moving groundwater with ages of more than 1000 yr. 
This is why the total porosity is valid rather than the effective one (Sect.1.3.1; Eq.2.1). 

An example of a secondary modification of the isotopic composition of water can be expected 
by retardation/anion exclusion (Sect.4.1). Most clay surfaces are negatively charged. This 
means that there is a certain volume of water near the clay surfaces in which there are few 
anions. This water is generally considered to be immobile. Thus, there will be a difference in 
the behaviour of isotopes of water. The isotopes of water will exchange with water molecules 
in this excluded volume and hence will be retarded relative to the movement of the retentive 
and bound water. Hence, the isotopic composition in the mobile phase will differ from that of 
the mean soil water (Fig.5.1). 

5.1.2.2.1 Convection and advection 

An instantaneous injection of tracer, either isotopic or chemical, in a laminar steady-state flow 
at point A at the starting time to (Fig.5.1) results in a peak displacement at a distance l (loca-
tion B) at the time t. The flux J between these points is the product of the tracer concentration 
c multiplied by the mean tracer velocity vtrac 
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If the relative water volume (< field capacity) Φ, present in the profile, changes during the 
movement of the water, the conservative equation becomes 
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5.1.2.2.2 Dispersion 

There is always an attenuation of the breakthrough curve with time and distance due to dis-
persion (Fig.5.1). In that case the tracer velocity is obtained by the mean transit time t  in-
stead of t. Dispersion by molecular diffusion, occurring even in a less mobile liquid, is pro-
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portional to the concentration gradient ∂c/∂z and is described by Fick's law 

  
z
cDJ diff ∂

∂
⋅−=  

where J is the vertical tracer flux and Ddiff [× 10-5 cm2 s-1] is the molecular diffusion coeffi-
cient. Ddiff depends on the nature and the concentration of the solution and soil type. 

The kinematic dispersion is controlled by 

1) differing velocities of water particles (Fig.5.1) in the same pore stream ranging from even 
zero near the particle surface to the maximum in the middle of the canal, 

2) different sizes of pores and canals, and 

3) trajectories deviating from the main direction of flow due to the tortuosity. This means 
that the actual velocity is higher than the mean tracer velocity. 
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Fig.5.1 Scheme of tracer displacement by advection for dual flow as well as for multiple channels 

demonstrating the effect of dispersion. 
Considering both the convective and diffusive tracer transport and assuming that anion exclu-
sion, macropore flow and immobile water is negligible, we obtain instead of Eq.5.1. 
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The first and second terms on the right-hand side describe the convectional and the diffusive 
transports, respectively. 
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5.1.2.2.3 By-pass flow (dual flow, marcopore flow) 

Dual-flow pathways (dual porosity) are the routes of water flow and solute movement (Black 
et al. 1983), arising from structures and discontinuities imbedded within the soil or aquifer 
matrix. These highly permeable structures are of a much larger scale than the usual represen-
tative elementary volume, that is used to average processes at the microscopic pore scale and 
to derive the continuum description of water and solute transport. The number of macropores 
connected to the surface decreases with depth, so that the role of macropores generally dimi-
nishes with depth over the top 6 m. Root channels and the pedal structure of the materials 
have been identified as important dual-flow pathways.  

Macropores and other structures need to be in contact with a saturated zone or other source of 
free water to act as preferred pathways. Therefore, perching layers in the profile or pounding 
on the soil surface are necessary for preferred flow to occur.  

A critical feature of dual-flow pathways is that they allow groundwater and solute to by-pass 
the matrix of the soil or aquifer (dual flow) with little or no interaction (Fig.5.1). The dual-
porosity flow may be up to two orders of magnitude larger than that through the matrix. A 
large proportion is discharged as interface flow. This reduces the groundwater recharge on the 
one hand, and diminishes the influx of pollution from the surface on the other. 

Flow of groundwater and solute in the profile is essentially multi-dimensional. The con-
vection–dispersion equations of solute transport for piston flow (Volume VI) do not longer 
describe the tracer flux. This means that transient techniques which rely on measuring the rate 
of displacement cannot be applied to such situations. 

Dual-flow pathways can be identified by directly applying tracers that mark the flow path and 
allow them to be visualised. However, the presence of non-piston flow processes can be infer-
red from discrepancies between travel times estimated from transient and steady-state tracer 
techniques. 

5.1.3 SOLUTE TRANSPORT 

In principal there are two quantitative approaches to describe solute transport:  

1) the tracer balance method and  

2) the tracer peak-displacement method. 

Tracer studies are done to determine recharge rates rather than water fluxes. They allow re-
charge estimates especially by means of isotopes via the long-term observation of the soil-
water flux. Classical techniques are dealing with much shorter time scales and are less sensi-
tive.  

The choice of tracer depends on the time of the passage of the root zone. This time t can be 
estimated by 
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recq
Φzt ⋅=  (5. 3) 

with z – depth of the root zone of around 1 m, Φ - volumetric water content (ca. 0.1) and 
qrec - recharge rate. For qrec between 10 – 100 mm yr-1 the time of the necessary observation 
becomes  1 – 10 years. 

The choice of tracer depends on the likely range of recharge rates. For high recharge rates, in 
which the time scale associated with leaching through the root zone (Eq.5.3) is less than one 
year, an artificial tracer method is the most appropriate. 

Soil tracer techniques usually involve soil sampling without the use of drilling fluids. In the 
case of Auger sampling each soil sample is weighed, preferably at the site, and immediately 
sealed in boxes or plastic bags and carefully labeled. The soil moisture is measured in the 
laboratory with gravimetric methods on an aliquot of the soil. The tracer position is usually 
detected by core sampling of interstitial water at different positions. If possible, comparative 
measurements by a neutron probe are helpful. Granulometric, mineralogic and other para-
meters of the soil should also be determined. 

For stable isotope analysis the soil moisture must be extracted quantitatively to avoid any iso-
topic fractionation (Sect.5.2.1.1; Volume I), though it is very time-consuming. Even only 
some percent of water lost may falsify the isotopic composition. Azeotropic vacuum distilla-
tion of the soil samples with toluene is the most appropriate technique. Direct moisture extrac-
tion with ceramic cups or by suction probes are an alternative technique (Saxena and Dressie 
1984). The soil water vapour is pumped through the probe, trapped in a molecular sieve, and 
extracted in the laboratory by heating to 400°C in a vacuum system. Allison et al. (1987) also 
tested a method to use soil CO2 instead. δ18O and δ2H are measured mass spectrometrically. 

Complementary tritium (3H) measurements allow to differentiate between transport of the va-
pour (followed by 3H) and transport of the liquid phase (followed by stable isotopes). This 
technique is especially useful for case studies in arid regions.  

Vegetation has little impact on the isotopic composition of soil water. Apart from this, pore 
water from different depth may be isotopically differently enriched due to a variable evapora-
tion during the year. In any case, for reliable estimates of the recharge rate, soil samples for 
isotopic analysis should be taken from beneath the zone where water extraction by roots is oc-
curring. 

5.1.4 APPLICATION 

5.1.4.1 RECHARGE  RATE  DETERMINATION  BY  MASS BALANCE   

The first estimation of groundwater recharge rates was done with a balance study of anthro-
pogenic 3H (Münnich 1983). The HETP model (Height Equivalent Theoretical Plates) was 
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developed for a better modelling of the 3H profile in the unsaturated zone. It is a simple one-
dimensional multi-box model which describes the unsaturated zone as a series of soil layers 
with internally well-mixed soil water. The main parameter of this model is the layer thickness 
on the theoretical height plate controlling the simulation of the longitudinal dispersion of the 
tracer displacement. The initial water content is usually assumed to be constant and equal to 
the field capacity along the soil profile. In numerical calculations admixing of new water is 
assumed to be complete and instantaneous. The mixing balance is modelled for all boxes. 
This model can predict tracer movement in the unsaturated zone under natural conditions 
(Datta et al. 1973; Thoma et al. 1979). 

Example: 

Bomb 3H measurements (Thoma et al. 1979) of percolated water samples collected monthly 
from a lysimeter showed that the 3H response is on average delayed by 5 months in a sand ly-
simeter and by 2.5 years in a loess-loam lysimeter. The HETP model, adapting a variable field 
capacity, applied in combination with an evaporation/infiltration balance based on meteoro-
logical data showed good agreement between predicted and observed 3H concentration of the 
percolated water. 

5.1.4.2 RECHARGE RATE DETERMINATION BY TRACER PEAK DISPLACEMENT 

The assumption of the piston-flow model is that the tracer and all water in the soil move si-
multaneously. The tracer peak at the position z and the time t is the integrated result of the 
downward (infiltration) and upwards (evaporation) movement that occurred during the period 
t - to (to - starting time). The amount of water stored in the soil section between z and zo repre-
sents the actual recharge (or the actual evaporation loss if z is above the initial position zo). 
Although the piston-flow model is an oversimplification, it has been often successfully ap-
plied.  

A complication may arise  by common flow through dual-flow pathways (Sect.5.1.2.2.3). 
Foster and Smith-Carrington (1980) determined the interstitial piston-flow rate by the position 
of the bomb-tritium peak in the unsaturated chalk in various locations in England (Fig.5.2). 
The low infiltration rate derived from the peak-displacement velocity is explained by an unde-
tected rapid bypass flow through macro fissures of the chalk. 

In practice, groundwater recharge must have been very low and the unsaturated zone very 
deep that the anthropogenic bomb-3H peak did not yet reach the saturated zone. Because the 
time since the injection of bomb-tritium into the hydrosphere in 1963 is too long, it is unlikely 
that a tritium peak can still be recognised in the unsaturated zone (Carmi and Gat 1992). Un-
der special conditions, the specific activity of bomb 14C (Ousmane et al. 1983) may deliver 
valuable supplementary information to estimate the groundwater recharge rate, though possi-
ble water-rock interactions with the matrix (Sect.4.4) have to be taken into account. 
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Example: 

Dincer et al. (1974) determined the position of the 3H peak of 1963 in a drilled core from the 
arid Dahna Sand Dune area, Saudi Arabia, and estimated a recharge rate of 23 mm yr-1. This 
is relatively high compared to the annual rainfall of 60 –  70 mm in Riyadh. Further drilling at 
the same location (Sonntag et al. 1980a) confirmed, however, this result applying an infiltra-
tion–evaporation model.  

It was assumed that the tracer-displacement methods also can be applied to stable isotopes. In 
temperate regions the stable isotopic composition of precipitation varies seasonally and may 
serve as environmental tracer for changes of the infiltration rate during the year. Presupposi-
tion is that this variation is conserved within the unsaturated zone (Fig.5.3). Changes of the 
isotopic composition can also be caused by infiltration of rainfall of different origin, by con-
densation, partial evaporation or partial freezing of soil water although isotope fractionation 
during freezing is small. 
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Fig.5.2 Successive bomb-tritium displacement in the unsaturated zone (after Foster and Smith-

Carrington 1980). 
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Example: 

Recharge studies have been most successful with seasonal changes of the stable isotopic com-
position when the recharge rate is relatively high (>200 mm yr-1; Saxena and Dressie 1984) 
(Fig.5.3). This makes this technique most applicable for temperate humid areas. Infiltration 
studies in the sand dunes of Pelat, Israel, also applied the seasonal variations of the δ18O val-
ues. The results were confirmed by the investigation of the natural 3H profile. A recharge rate 
of 800 mm yr-1 through the dunes were found, almost the total amount of rainfall (Thoma et 
al. 1979). 

In arid and semi-arid regions the stable isotopic composition does usually not vary season-
ally, though precipitation with depleted heavy isotopes may enter after short, but heavy rain 
events (amount effect; Volume I, Sect.5.2.1.1). Such rains more effectively contribute to 
groundwater recharge than the many rain events of low intensity. Soil water evaporation dur-
ing the long dry season produces isotopically enriched pore water even below the evaporation 
front. It was assumed that repeated downward displacement of the enriched peak during the 
rainy season should lead to a sequence of heavy isotope peaks conserved in the unsaturated 
zone (Sonntag et al. 1985). These peaks would represent a certain amount of water equivalent 
to the recharge contribution of the individual years and should trace the groundwater move-
ment during infiltration after the rain events. Such peaks are, however, not found. Hence, the 
stable isotopic composition of pore water has not been found to be a useful tracer of recharge 
in dry regions. 
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Fig.5.3 Depth profile of the δ18O value of pore water. The annual change of the isotope composi-

tion allowed to estimate the recharge rate to approximately 260 mm yr-1 (after Saxena and 
Dressie 1984). 
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Allison et al. (1983a) showed that in areas of limited vegetation where transpiration is rela-
tively unimportant and where the rate of recharge is low (<10 mm yr-1), there is a linear rela-
tionship between the shift in isotopic composition from the meteoric water line (deuterium 
excess) and the inverse of the square root of the recharge rate. This relationship has, however, 
not yet been further tested (Fig.5.4). Limited field data pointed to agreement with this rela-
tionship. 
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Fig.5.4 Correlation between the displacement of the delta values from the Meteoric Water Line of 
deep pore water and independent estimates of the recharge rate for four dune sites in 
South Australia (Allison et al. 1983a). 

 
Case study: Comparison - 3H balance and displacement methods 

Sukhija and Shah (1976) found that 3H–peak displacement method gave drainage estimates 20 
- 40% higher than the 3H mass balance method, at field sites in northern India. This suggests 
either: a) that 3H fallout has consistently been overestimated, b) that 3H is being lost from the 
soil profiles, or c) that too much water is being counted in the peak-displacement method. The 
latter could be due to either i) the presence of immobile water, or ii) including water in the 
plant root zone, which may not become drainage. 

Example: 3H-peak displacement, 3H and chloride mass-balance methods 

At recharge rates greater than approximately 20 mm yr-1 the results of the 3H mass-balance, 
peak-displacement and chloride mass-balance studies, all appear to agree within 30 - 50%. 
The results of peak-displacement methods using artificial 3H tagging also compare well with 
those of the chloride mass-balance method. The comparison with corresponding piezometric 
data showed qualitative agreement in the arid area of Botswana (Beekman et al. 1996). 

 58 



Low-Temperature Systems 

5.1.4.3 EVAPORATION RATE  

The isotopic compositions of oxygen and hydrogen in soil water of the unsaturated zone vary 
mainly as a result of changes in the isotopic compositions of the rainfall and by evaporation. 
Zimmermann et al. (1967) first showed that if sand saturated with water is subject to evapora-
tion, δ18O and δ2H values of the pore water decrease exponentially downwards from a maxi-
mum at the surface. Barnes and Allison (1988) presented their mathematical models describ-
ing the shape of the δ18O and δ2H profiles in saturated sand profiles for steady-state isother-
mal evaporation, under unsaturated, non-isothermal conditions and finally for non-steady state 
evaporation. This includes the isotope effects of partial evaporation of pore water from dry 
soil. The air temperature, the relative humidity and the isotopic composition of the atmos-
pheric moisture control the enrichment process of the heavy stable isotopes. Steady-state and 
kinetic isotope fractionation contribute to both. 

The soil profile is usually divided into two parts: in the upper shallow part down to the enrich-
ment peak (evaporating front) only vapour moves to the surface against the diffusive flux of 
isotopically depleted atmospheric moisture. In the part below liquid transport is significant. 
The δ values decrease approximately exponentially until the corresponding value of the 
groundwater of the saturated zone is approached (Fig.5.5). Under steady-state conditions the 
ascendant flux of moisture supplied by capillary rise equals the flux of water vapour lost by 
evaporation. Hence, the isotopic composition of the vapour released into the atmosphere must 
be the same as that of the evaporated groundwater in the saturated zone. 

In the evaporation front (or dry–wet interface) liquid water is converted into vapour. It re-
mains at the same position below the soil surface. The isotopic composition at the evaporating 
front deviates from that of the atmospheric moisture and that of the groundwater, and depends 
on the following parameters: 

1) temperature of the atmosphere (assumed to be equal to that of the water), 

2) equilibrium fractionation between liquid and vapour, 

3) the moisture deficit of the atmosphere, 

4) the isotopic composition of the atmospheric vapour, 

5) the kinetic fractionation in the dry soil layer above the evaporation front, 

6) the isotopic composition of the reservoir water below the capillary fringe. 

 

Above the evaporation front (eva) in the vapour transport region the delta value is given by 
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with the subscript "res" for input groundwater (reservoir water), the diffusion ratio excess η = 
(Dliq/Disot)n – 1  (n = 1 under steady-state conditions) with Dliq and Disot as diffusion coeffi-
cients of the water and that of the corresponding isotope, Hatm as relative humidity of the at-
mosphere with Hatm = 1 – zeva/z and zeva as the depth of the evaporation front (enrichment 
peak) and the penetration depth z  
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with Dvap as actual diffusity of water vapour in the air, ρliq as density of the water and qeva as 
evaporation rate. 
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Fig.5.5 Comparison of theoretical isothermal and non-isothermal steady-state deuterium profiles 

(after Barnes and Allison 1988). 
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Below the evaporation front where the upwards transfer of liquid is predominant, the heavy 
isotopes become enriched by evaporation and diffuse downward into the liquid phase. This 
results in an exponential relationship between isotopic composition and depth. 

The δ values along the soil profile beneath the evaporation front are given after Barnes and 
Allison (1983) by  
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D(2H) and D(18O) are the isotopic diffusities of the mentioned isotopes in the liquid phase.  

Barnes and Allison (1984) showed that the effect of temperature on real isotope profiles was 
reasonably small but could explain a secondary minimum in the profile which is often ob-
served in field situations. A possible explanation for this phenomenon is that under non-iso-
thermal conditions, the isotopically light water vapour produced at the drying front moves 
both upwards and downwards in response to humidity and temperature gradients. The deple-
tion observed results from this vapour condensing beneath the drying front. In real soils often 
an appreciable temperature gradient exists. It is caused by annual and diurnal surface tempera-
ture fluctuations. 

The steady–state conditions of the isotopic profile are a final state after being wetted by infil-
tration from rainfall. In the first period water is freely available at the surface and the evapora-
tion rate is relatively constant. Subsequently, the evaporation rate will decrease. The cumula-
tive evaporation is inversely proportional to the square root of time (Eq.34 in Barnes et al. 
1988). Walker et al. (1988) and Barnes and Walker (1989) modelled also non-steady state 
conditions. This model is now capable of representing the most general case of water and iso-
tope movement through soils undergoing evaporation and infiltration of water. The character-
istic time t  for the development of the steady-state profile is given by 

 2
evaq
Dt =    

For extremely low evaporation rates qeva it results in millennia (Fontes et al. 1986), while at 
evaporation rates of qeva = 10 mm d-1 a period as short as a day may be obtained. In the field, 
especially in more temperate areas, profiles rarely reach steady state unless the water table is 
quite near the surface. However, in more arid areas, if rainfall does not penetrate to significant 
depth, this may be all lost by evaporation without disrupting the isotopic profile. 

According to Barnes and Allison (1983) three methods exist for determining evaporation rates 
using stable isotopes: 
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1) interpretation of the zone of exponential decay beneath the evaporating front. The  lim-
iting factor is the diffusivity of soil water which may exhibit a rather complex behaviour 
a low water content 

2) use of the position of the maximum in the isotope profile (depth of the evaporating front) 
combined with the diffusivity of water vapour. This technique is best for low rates of 
evaporation 

3) use of the shape of the isotope profile in the region above the evaporating front. It is not 
likely to be successful, as there are sampling and analytical problems associated with the 
very low water contents usually encountered in this region. 

These methods have the disadvantage of being point estimates and are subject to the natural 
spatial heterogeneity of the area and the corresponding evaporation rates.  

Allison (1982) has experimentally shown that the slope of the relationship between δ2H and 
δ18O values can become as low as 2 for soil water in unsaturated sand subjected to evapora-
tion below a dry layer. This is considerably lower than the value of 4 to 5 obtained during 
evaporation from a free water table. Barnes and Allison (1983) developed a model for predict-
ing the enrichment. The effect is explained in terms of an increased thickness of the laminar 
layer through which evaporating water molecules escape. This work suggests for arid-zones 
that groundwater replenished by local recharge, should be characterised by low δ18O – δ2H 
slopes. 

The slope of the lines is given by 
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δinit and δres are the delta values of hydrogen and oxygen of the groundwater in the saturated 
zone and of the feed water at different depth, respectively, and δatm the delta values of the at-
mospheric moisture. qeva is the evaporation rate at the evaporation front, ε is the isotopic equi-
librium fractionation. h the relative humidity of the free air and η the ratio of the diffusivities 
of the isotopically heavy and light water vapour in the gas phase. 

There is a relationship between the evaporation rate qeva and the slope s of the evaporation line 
in the δ18O – δ2H plot as well as the thickness of the dry layer (Fig.5.6). 
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Whenever evaporation takes place, two types of fractionation give rise to enrichment of iso-
topes at the evaporating surface. These are: 

1) the equilibrium effect due to small differences in the chemical potential between the iso-
topic species 

2) the kinetic effect due to different rates of diffusion of the isotopic species in the vapour 
phase. In this case both isotopic species behave in a similar fashion (Merlivat 1978). 
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Fig.5.6 Upper part: Relationship between the evaporation rate qeva and the slope of the line in the 

δ18O/δ2H plot (Eq.5.4). The solid line is calculated using the data shown. Lower part: Re-
lationship between the thickness of the dry layer and the inverse of the evaporation rate 
(after Allison et al. 1983a). 
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As the evaporating front moves further into the soil profile, the relative importance of the ki-
netic effect increases because of the development of a superficial dry layer where diffusive 
transport of water vapour dominates, leading to a reduction in the slope of the δ2H / δ18O rela-
tionship (Eq.5.4; Allison et al. 1983a). 

These results were confirmed by Sonntag et al. (1985) who found (Fig.5.7) that: 

1) the slope of the δ18O / δ2H line increases with increasing humidity in the climate cham-
ber, 

2) and with increasing grain size, 

3) the slope of the evaporation line for  grain sizes > 1 mm corresponds to that for open wa-
ter bodies. 
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Fig.5.7 Differing slopes of the evaporation lines in the δ18O / δ2H plot for sand of different grain 

sizes. The pore water evaporated into dry air (after Sonntag et al. 1985). 

 

Example: 

Diffuse discharge is often an important component of the water balance of groundwater sys-
tems - for example, the aquifers beneath the Sahara (Aranyossy et al. 1991) and the Great Ar-
tesian Basin (GAB; Woods 1990). Such discharge may be an important component of the wa-
ter balance and may need to be evaluated to estimate the sustainable yield of some groundwa-
ter systems. Diffuse discharge from a part of the GAB was approximately four times the dis-
charge from springs ,  the generally accepted outflow points of this aquifer. 
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5.1.4.4 WATER LOSS BY PLANT EXTRACTION 

Plant roots are not capable to produce isotope fractionation under saturated and unsaturated 
conditions (Allison et al. 1983b; Zimmermann et al. 1967; Volume I). Stable isotopes provide 
possibly the only way to determine the source of water used by vegetation in the field. The 
isotopic composition of water in small twigs, for instance, is representative of that of the wa-
ter taken up by roots. Usually however the pore water has more positive delta values than 
groundwater (Volume I, Sect.5.2.1.1). 

Thornburn and Walker (1994) showed that mature Eucalyptus trees took up soil water from 
deep rather than water which had infiltrated into the surface soil as a result of flooding, even 
though the inundation lasted for several months. Both these data and those mentioned in the 
preceding paragraph show that at least for mature vegetation roots must not approach the satu-
rated zone of groundwater. 

A quantitative approach was attempted by Adar et al. (1995). He studied two Tamarisk trees 
in Israel and surprisingly found that the ratio of the proportions of water drawn off from the 
saturated and unsaturated zones remained remarkably similar during the dry and wet seasons, 
though the total extraction rate changed by a factor of two. 

5.2 SATURATED ZONE 

There is a wide field of applications for environmental isotope techniques in the saturated 
zone. The best source for corresponding studies are the proceedings of the numerous interna-
tional conferences on the application of isotope hydrological techniques organised by IAEA 
since the early sixties (see Recommended Literature). 

5.2.1 ORIGIN OF GROUNDWATER 

The numerous applications of isotope hydrological methods applying stable isotopes encom-
pass the entire hydrosphere. One of the main fields of application is concerned with the origin 
and mixing of groundwater and of its dissolved natural and anthropogenic constituents. Most 
comprehensive information is obtained from stable isotope abundances. They can be meas-
ured quickly and cheaply and can be reliably interpreted as a largely conservative tracer (Gat 
and Gonfiantini 1981; Volume I). 

5.2.1.1 OXYGEN (18O/16O) AND HYDROGEN (2H/1H) 

Physical Fundamentals 

(See Volume I). The most abundant isotopes of oxygen, 16O (ca 99.7 %) and 18O (ca. 0.2 %), 
and those of hydrogen, 1H and 2H (or deuterium; D), combine and produce water molecules of 
differing molecular mass between 18 and 22, of which the most abundant  are 1H2

16O, 
1H2H16O, and 1H2

18O. As constituents of the water molecules, they can act as conservative 

 65



Chapter 5 

tracers. The natural atomic ratios are 2H/1H = 2R ≅ 1.5 x 10-4 and 18O/16O = 18R ≅ 2 x 10-3. 
These ratios are expressed as delta values (Eq.2.1; Sect.2.3.1). Ocean water has δ18O and δ2H 
values of ± 0‰, as V-SMOW (Standard Mean Ocean Water) has been chosen as the standard. 
Most freshwaters have negative values. 

Occurrence 

Most cold groundwater resources are of meteoric origin (meteoric groundwater). There is a 
strong relationship between the δ18O and δ2H values of precipitation reflected in the Meteoric 
Water Line (MWL, Dansgaard 1964). The slope is 8 and the so–called deuterium excess is 
+10‰ (Fig.5.8). The deuterium excess (d) is defined as 

  Oδ8Hδd 182
excess −=

The deuterium excess (d excess) near the coast is smaller than +10‰ and approximately 0 ‰ 
only in Antarctica. In areas where, or during periods in which, the relative humidity immedi-
ately above the ocean is or was below the present mean value, d is greater than +10 ‰ (Mer-
livat and Jouzel 1979). An example is the deuterium excess of +22 ‰ in the eastern Mediter-
ranean (Gat and Carmi 1970). The value of d is primarily a function of the mean relative hu-
midity of the atmosphere above the ocean water (Merlivat and Jouzel 1979). The coefficient d 
can therefore be regarded as a palaeoclimatic indicator. 

Processes 

Evaporation from surface water may cause the slope to be as low as 4. The slope can be as 
low as 2 for soil water in the unsaturated zone (Sect.5.1.4.3). Thus, groundwater that has pre-
viously been subjected to evaporation can be identified on this basis. 

There are deviations from the MWL indicating various processes of isotopic exchange and 
fractionation. The best know examples are departures due to evaporation observed in brines 
from sedimentary marine aquifers, exchange of oxygen between water molecules and silicate 
minerals observed in geothermal systems with active exchange of oxygen between water 
molecules and silicate minerals (Chapter 6), and mixing between meteoric groundwaters and 
fossil residual brines in crystalline rocks (Fig.5.8). 

The evaporation effect which results in an enrichment of the heavy isotopes in the liquid 
phase with respect to the vapour phase allows to identify quantitatively the admixture of su-
perficial water as lake water and river water to groundwater (e.g. Darling et al. 1996). Water 
balance studies of lakes have successfully been applied with a precision of less than ± 20 % 
(Zuber 1983). In arid regions it is possible to estimate the evaporation rate through the unsatu-
rated zone (Sect.5.1.4.3). 

Temperature effect: As water molecules with differing molecular mass have different vapour 
pressure, the lighter isotopes will become enriched in the more volatile phase as opposed to 
the less volatile phase during a change of phase (evaporation, condensation, sublimation). 
This effect, known as isotope fractionation, is strongly temperature dependent (Volume I). 
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Fig.5.8 (a) Various processes which shift the δ18O and δ2H values from the MWL: evaporation 

shifts both δ18O and δ2H values; the former are displaced as a result of isotopic exchange 
with volcanic CO2 and limestone, the latter due to exchange with H2S and silicate hydra-
tion. (b) δ18O/δ2H plot for continental precipitation (MWL = Meteoric Water Line; local 
corresponds to the Mediterranean precipitation) with examples of various mixing lines. 
The MWL of Pleistocene palaeowater may be apart from the MWL. 

 

The precipitation in winter is isotopically lighter than that of the summer (Fig.5.10). The tem-
perature coefficient of the δ18O value for continental precipitation is ≈ 0.7 ‰ per °C or less, 
that of the δ2H value is about 5.6 ‰ per °C or less. In coastal areas, this gradient may be 
much smaller, e.g. 0.2 ‰ per °C for δ18O (Gat and Gonfiantini 1981; Volume II). 
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Fig.5.9 Seasonal variation of the δ18O value in precipitation at Groningen and the correlation of 
the mean values with the mean monthly temperature (from Mook 1970). 

 
The seasonal isotopic trend in precipitation may be approximated by a sine curve, which can 
be observed in very young groundwater, albeit that the response is damped and phase-shifted. 
This effect allows to estimate the mean residence time of shallow groundwater and of karst 
water up to about 5 years according to the exponential model (Stichler and Herrmann 1983): 

 1
A
A

π2
1t 2

out

2
in −=    

where Ain and Aout are the amplitudes of the sinual δ18O trend of the precipitation and the dis-
charged water (water from a shallow well, spring), respectively. The phase shift of both 
curves is maximum 3 months (Fig.5.10). 

In tropical regions, a strong correlation exists between low δ18O and intensity of the rainfall 
(amount effect), resulting in a seasonal variation of the δ18O values of the shallow groundwa-
ter. 

The local and temporal variability of the isotopic compositions of hydrogen and oxygen in 
precipitation (temperature effect, altitude effect) may be used to study even more complicated 
hydrologic systems. This has been done to separate hydrograph of surface streams and run-
off into individual hydrological components of infiltrated groundwater (Mook et al. 1974; 
Fritz et al 1976). Behrens et al. (1979) separated even four different components : base flow = 
groundwater, snow meltwater, ice meltwater and longer retained glacier meltwater). 
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The temperature dependence of the isotopic composition for precipitation is preserved in fos-
sil groundwater of Pleistocene and Holocene age (Fig.5.11), recharged under different cli-
matic conditions. During the glacial period the precipitation was isotopically lighter because 
of a lower temperature of about 5°C (Stute and Deak 1989). In Europe the δ18O values for 
groundwater of these two periods differ by 1.5 to 2.0‰ (Bath et al. 1979). This can be used as 
a first glance dating tool.  
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Fig.5.10 Interrelationship between the amplitude of the seasonal change of the δ18O values of both 

groundwater and precipitation as input and the mean residence time (MRT) according to 
the exponential model. The phase shift rises up to three months with the MRT. 

 

Altitude effect: As temperature usually decreases with increasing altitude, the delta values 
will correspondingly drop. Gradients in δ18O of -0.15 to -0.40 ‰/100 m are observed (Gat 
and Gonfiantini 1981; Fig.5.12), while -according to Eq.2.1 the gradients for δ2H are about 
8 times larger. With the aid of the altitude effect recharge areas of spring water can be local-
ised. The elevation of the recharge areas for springs has been estimated from the orographic 
δ18O gradient. It is important to note that the hydrogeologically estimated altitude of the 
catchment is compared with the δ18O value of the corresponding spring water rather than the 
altitude of the spring-discharge site. An estimate of the altitude effect in a certain region may 
be misleading if δ18O values are used of precipitation and spring water from sites located far 
from each other. The continental effect may truncate the altitude information (e.g. Kattan 
1996a). 
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Continental effect: On their track across a continent clouds produce rain; the heavier mole-
cules preferentially enter the condensed phase. The δ18O and δ2H correspondingly decrease 
towards the interior. Complex isotopic patterns are established (Sonntag et al. 1980b), that re-
flect the morphology of the landscape and the pathways of cyclones. Present-day precipitation 
and palaeowater are isotopically different (Fig.5.13), insofar as the climatic situation has 
changed (Stute and Deak 1989). 
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Fig.5.11 Deviating of δ18O values of Pleistocene and Holocene groundwaters in southern England 

(after Bath et al. 1979). 
 
By the continental effect, diffuse direct recharge of groundwater is distinguished from 
groundwater recharged in restricted recharge areas. In the Sahara Desert diffuse recharge is 
reflected), while groundwater recharge in the Great Artesian Basin of Australia is restricted to 
the mountain range in the east (Calf and Habermehl 1984). 

Meteorological studies: Stable isotope analysis of precipitation and humidity has provided 
information on their spatial and temporal distribution, their origin, and the trajectories of wa-
ter vapour in the troposphere (Hübner et al. 1979). Such information has also been obtained 
for the past (Rozanski 1985; Volume II).  
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Fig.5.12 Altitude effect in the Antilebanon Mountains, Syria. The altitude of the discharge sites is 

lower than that of the corresponding recharge area. In several cases the geologically as-
sumed recharge area had to be revised. 

 

Mixing studies: Groundwater is usually a mixture of two or more genetically and chemically 
distinct groundwater components, often of different age. Isotopic combined with hydrochemi-
cal analyses (preferentially with conservative tracers as chloride or the bromide/chloride ratio) 
allow to distinguish between different kinds of groundwater and often to set up a mixing bal-
ance (Fig.2.3). Two- or three-component models are applied for obtaining rough estimates. In 
the case of time series more complex models can be applied (Zuber 1986; Maloszewski and 
Zuber 1993, 1996, 1998). 

During pumping tests occasionally the question arises whether or not groundwater bodies, 
separated by a horizontal aquitard, are connected via "windows", in other words, whether 
leakage plays a role. This question can be answered if the groundwaters in the aquifers have 
different δ18O values and are hydrochemically distinct (Bertleff et al. 1985). 

The admixture of surface water (dam, lake) to the groundwater (Volume III) was studied on 
river alluvions in Cyprus. The isotope signal was provided by isotopically enriched water be-
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hind a dam released once a year. The movement of this signal (Fig.5.14) was used to deter-
mine the tracer velocity in this valley and the extension of the artificial discharge (Plöthner 
and Geyh 1991).  

Leakage from a water pipeline into a local urban aquifer was traced by means of the oxygen 
and hydrogen isotopic compositions (Butler and Verhagen 1997). 
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Fig.5.13 Isolines of equal δ2H values of Holocene groundwater in Europe and those of Pleistocene 

groundwater in North Africa. The isotope pattern reflects direct recharge of groundwater 
by local rain storms approaching from the Atlantic Ocean (after Sonntag et al. 1980b). 

 
The source of salination of brackish to highly mineralised groundwater and thermal water 
can be definitely detected by a δ18O/Cl- plot. Processes as dissolution and leaching of salt, en-
richment by evaporation or mixing of fresh water with saline water or seawater can be clearly 
and quantitatively distinguished (Fig.5.15). 

5.2.1.2 CARBON (13C/12C) 

Physical fundamentals 

The stable isotopes of carbon, 13C and 12C, have an average ratio of about 1 : 100. The actual 
number plays an important role in quantifying the water-rock interaction for  14C age correc-
tion (Sect.4.4.1; Volume I). Moreover, it allows to identify the sources of CO2 involved in the 
carbonate–CO2 system. 
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Fig.5.14 Groundwater movement from an superficial reservoir in a valley of Cyprus (after Plöth-
ner and Geyh 1991) and estimation of the tracer velocity by tracing the δ18O shift of 
evaporated dam water. 

leaching

dissolution

ev
ap

or
at

io
n

mixing

salinity

st
ab

le
 is

ot
op

e 
co

m
po

si
tio

n

 
Fig.5.15 Stable isotope composition vs. salinity for the identification of different salination proc-

esses: mixing (gray circles) of fresh (open circles) and mineralised water (black circles), 
dissolution of salt and leaching (open squares), and evaporation (open triangles). 

 

CO2 assimilation causes considerable carbon isotope fractionation. Isotope fractionation proc-
esses are also relevant for studying the carbonic acid and calcite system in water. The δ13C 
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values of CO2 originating from C3 and C4 vegetation differs by 12‰. 

Occurrence 

The isotopic composition of carbon in the dissolved carbon constituents of groundwater is 
very variable. The sources of carbon dissolved in groundwater are soil CO2, CO2 of geogenic 
origin or from magmatic CO2 (from deep crustal or mantle sources) or in fluid inclusions, liv-
ing and dead organic matter in soils and rocks, methane, and carbonate minerals. Each of 
these sources has a different carbon isotopic composition and contributes to total dissolved 
carbon in various proportions. Therefore, the isotopic composition of dissolved inorganic car-
bon compounds in groundwater has a wide range of δ13C values. Soil carbon dioxide usually 
has a value of about -22‰, in tropical soils it may be more positive to about -11‰. Carbon 
dioxide of an endogenous or magmatic origin has δ13C values of about -6‰, metamorphic 
carbon from sedimentary rocks is usually close to zero if it is derived from marine carbonates. 
The organic carbon of terrestrial plants has δ13C values between -30 and -20‰. The heaviest 
carbon isotopic composition is found in evaporate carbonates with +10‰. Such carbonates 
occur sedimentary basins where the δ13C values of DIC of fresh groundwater might have ele-
vated δ13C values (Volume I). 

Applications 

Measurement of the abundance ratio of the stable carbon isotopes, 13C/12C is indispensable for 
14C dating of groundwater (Vogel and Ehhalt 1963). The δ13C values reflect chemical interac-
tion with the aquifer rock. This has to be taken into account when interpreting 14C values 
(Sect.5.2.2.3; Volume I). A prerequisite is that the reactions are restricted to CO2 from the top 
soil and the lime in the unsaturated zone. Open and closed systems have to be distinguished 
(Fontes 1992). 

Numerous hydrochemical models have been developed in order to determine the initial 14C 
value Cinit (Eq.2. 2) based on the δ13C value of DIC needed to calibrate the 14C time scale for 
groundwater (Mook 1980). The NETPATH model (Plummer et al. 1994) includes the whole 
chemistry of the groundwater and delivers the most reliable absolute water ages (e.g. Phillips 
et al. 1989; Geyh 1992). Its application is, however, limited as only results of water samples 
from the same flow path can be used. Whatever model is used the correction of the 14C water 
ages by the δ13C values of DIC introduces large uncertainties (Sect.5.2.2.3). 

Although theoretically not appropriate the most often used correction procedure of the 14C 
value using the δ13C value has been introduced by Gonfiantini (Salem et al. 1980): 
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 (5.5) 

It takes into account the mixture of soil CO2 and soil lime and the isotopic difference between 
CO2 and CaCO3. Closed system conditions are assumed.  
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Geyh and Michel (1982) applied the δ13C values of DIC from groundwater to distinguish be-
tween groundwater recharged in a sandstone aquifer from that of a limestone aquifer 
(Fig.5.16). The δ13C value of the groundwater in the sandstone aquifer is commonly more 
negative. 
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Fig.5.16 Distinction of groundwater pumped from a sandstone and a limestone aquifer in Höxter, 

Germany, by the corresponding δ13C and 14C values of DIC (after Geyh and Michel 1982) 
and identification of the used groundwater as karst water. 

5.2.1.3 NITROGEN (15N/14N) 

Physical fundamentals 

In nature there are two stable nitrogen isotopes: 14N (≈ 99.6%) and 15N (≈ 0.36%). δ15N values 
are referred to air nitrogen as standard (Eq.2.1). 

Occurrence 

The nitrogen and oxygen isotopic compositions of the three most important nitrogen com-
pounds are summarised in Table 5.1. Nitrogen in groundwater may be from atmospheric ori-
gin and from wet and dry pollution (N2 and NOx pollution), from mineral fertilisers, and from 
living and dead organic matter (animal waste and domestic sewage). Water-rock interaction is 
usually not involved in the biogeochemical cycle of nitrogen. 

Processes 

Important microbial processes are nitrification, denitrification, biological fixation and miner-
alisation of organic nitrogen. Because of the complexity of the biogeochemical nitrogen cycle, 
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a quantitative interpretation of δ15N(NO3), δ18O(NO3) and δ15N(NH4) is rarely possible. It is 
always difficult to relate the isotopic composition of nitrate in groundwater to atmospheric 
and agricultural inputs without considering nitrification and denitrification processes as well 
as mixing of nitrates and ammonium from soil and atmospheric sources. Fig.5.17 shows that 
the nitrogen isotopic composition of the nitrate dissolved in groundwater frequently is similar 
to that of soil nitrogen rather than with that of fertilisers (δ15N(NO3) < 2.5‰) or of animal and 
domestic wastes. Nitrate from fertilisers is consumed by soil biota and isotopically enriched in 
15N (δ15N(NO3) > +5‰). On the other hand, nitrate resulting from nitrification of animal and 
domestic wastes is isotopically heavier (δ15N(NO3) > +9‰).  

There are three fundamental processes which control the isotopic composition of nitrogen 
compounds: isotopic equilibrium fractionation, kinetic fractionation and mixing.  

Isotopic equilibrium fractionation controls dissolution of ammonium. Reversible reaction 
NH3(gas) + H+ = NH4

+ has a isotopic fractionation factor ε(ΝΗ4 − ΝΗ3) of 25 and 35‰ 
(Mariotti 1984) while the irreversible dissolution of ammonia in water has a negative isotopic 
fractionation factor (Freyer 1978). 

Kinetic isotope fractionation is not important in fixation of organic nitrogen. Bacterial denitri-
fication (NO3

- to N2) fractionates isotopes substantially (ε(N2 - NO3) ≈ -25 to -35‰; Heaton 
1986) and can be described by the Rayleigh distillation equation for an open system. The re-
sidual nitrate has a larger δ15N(NO3) value than the initial component.  Soil mineralization of 
organic nitrogen to nitrate ions proceeds in steps via ammonium and nitrite ions. The overall 
isotopic fractionation factor ε(NO3 - Norg) of this complex reaction is between 0 and –35‰, 
depending on which of the reaction steps is rate controlling (Heaton 1984, 1986). 

Mixing of groundwater with different sources of nitrate can be detected by the δ15N(NO3) 
versus δ18O(NO3) plot manifested in straight mixing line between the two end-members. A 
hyperbolic function is obtained in the plot of δ15N(NO3) versus the concentration of NO3 
(Mariotti 1984). The hypothetical relationships are shown in Fig.5.18 (Heaton 1986). There is 
no simple trend other than complex mixing of various sources and microbial denitrification.  

The isotope fractionation of nitrogen in soil ammonium is controlled by nitrification, dilution 
with atmospheric ammonium and adsorption-desorption processes in the soil-water system 
(Fig.5.19, Buzek et al. 1998). Exchangeable ammonium ions in soil are nitrified during which 
δ15N(NH4

+) increases (fractionation factor ε(NO3
− - NH4

+) ≈ -10 to -24‰). 

The residual ammonium is isotopically diluted by lighter atmospheric ammonium 
(δ15N(NH4

+) between -12 and 3‰). Since the concentration of adsorbed soil ammonium is 
low after denitrification, the δ15N(NH4

+) in the residual ammonium drops to negative values 
due to the admixture of isotopically lighter atmospheric nitrogen. 
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Table 5.1 Isotope abundances of nitrogen compounds depending on their origin. δ15N values as AIR 
standard, δ18O values as SMOW standard. Sources: O2: δ18O = +23.5‰, H2O: δ18O 
= −10.5‰, N2: δ15N = 0‰. 

Molecule Origin δ15N 
expected 

δ15N 
measured 

δ18O 
expected 

δ18O 
measured 

N2 Air  
Denitrification 
NOx emission 

0‰ 
−3 to +15‰c

−5 to +5‰ 

0‰ 
−5 to +2‰ 

  

bound N organic soil matter  
particulate matter in rivers

 +4 to +9‰ 
0 to +3‰ 

  

NO3
- tech. synth. fertiliser 

nitrification 
rainwater 
surface water 
groundwater 
animal waste and sewage 

0‰ 
<−10 – 
+10‰ 

0‰ 

−5 to +7‰ 
−30 to +10‰
−12 to +2‰ 
−4 to +15‰ 
+1 to +15‰ 
−4 to +5‰ 

+18  ± 2‰a 

1‰b 

>+23.5‰ 

+17 to 23‰
−1.5‰ 

+50 to 60‰

N20 denitrification/nitrification >0‰ 
>0‰ 

 >>0‰ 
0 to +2‰ 

+36 to +5‰ 

+22‰ 

NH4 rain 
fertiliser 

 −15 to 0‰ 
−4 to +5‰ 

  

a) Calculated on the base of: N2 +2.5 x O2 + H2O → 2 HNO3
−; b) Basing on H2O as the main oxygen 

source; c) Assuming a shift of 18‰ relative to the original NO3
−. 

 

Application 

Combined isotope analyses of nitrogen and oxygen in NO3
− leaves fingerprints on natural and 

anthropogenic sources of nitrate, on the microbial denitrification, nitrification and biological 
fixation processes and the nitrogen budget in the groundwater (Volume I; Heaton 1986; Böt-
tcher et al. 1990; Aravena et al. 1996). Therefore, the δ15N values of the dissolved nitrates, 
ammonium and organic nitrogen in soil water are well distinguished from one region to an-
other one (Fig.5.19). 

The isotopic composition of nitrates which percolate to groundwater is the result of complex 
processes. Therefore, it is difficult to relate the isotopic composition of the various nitrogen 
compounds in groundwater to atmospheric and agricultural inputs without considering the 
isotope fractionation caused by nitrification and denitrification processes as well as mixing of 
nitrates and ammonium from soil and atmospheric sources. 
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Fig.5.17 Differentiation of various sources of nitrate by its δ15N(NO3) value and its concentration 
in groundwater (after Heaton 1986). 

Fig.5.18 Hypothetical relationship between the δ15N value and the concentration of dissolved ni-

trate derived from soil and fertilisers (after Mariotti 1984). Solid bars (X and Y) represent 
soil and fertiliser mixing end members. The grey area shows the effect of mixing. The 
broken lines were calculated and stand for the fractionation during denitrification of fer-
tiliser nitrate (ε(N2 - NO3

–) = –30 and –10‰ with the initial point Y) and due to minerali-
zation of soil organic nitrogen (line X – C using ε(NO3

– - Norg) = –30‰). A, B, C are hy-
pothetical isotopic compositions of nitrate resulting from mixing and/or nitrogen miner-
alisation (after Heaton 1986). 
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Fig.5.19 Change of the isotopic composition of ammonium ions in subsurface water as a result of 

mixing and denitrification during the downwards passage (1 – 2 – 3) in a forest soil (after 
Buzek et al. 1998). 

 
5.2.1.4 SULPHUR (34S/32S) 

Physical fundamentals 

Sulphur has four stable isotopes: 32S (95.02 %), 33S (0.75 %), 34S (4.21 %), and 36S (0.02 %). 
The abundance ratio of 34S and 32S is generally given as a δ34S value, defined analogously to 
Eq.2.1. Iron sulphide from the troilite phase of the Diablo Canyon iron meteorite (DCT) (with 
a 32S/34S ratio of 22.220) is conventionally used as standard (Volume I). 

Occurrence 

There are three main reservoirs of sulphur: evaporite sulphate (with δ34S values of +10 to 
+30‰, mean +17‰), dissolved sulphate in ocean water (δ34S value of +21‰), balanced by 
the largest of the three, the sedimentary sulphides (roughly -12‰). In recent and fossil vol-
canic systems the sources of sulphur are magmatic volatiles. Organic sulphur plays usually a 
minor role in common groundwater. The isotopic composition of most important sources of 
sulphur is illustrated in Fig.5.20 (Fritz et al. 1994). 

During the course of the Earth's history, the δ34S value of the world's oceans, and conse-
quently, of marine evaporite sulphate has varied between +10 ‰ (Permian) and +35‰ (Cam-
brian) (Fig.5.21). Sulphur and carbon isotope fractionation (δ34S and δ13C values) appears to 
correlate inversely with one another  in the long term. 
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Fig.5.20 Ranges of δ34S and δ18O values of sulphates of various origin dissolved in groundwater 

(after Clark and Fritz 1997). 
 

Groundwater contains dissolved sulphate ions in concentrations from few mg/L in shallow 
subsurface waters to tenths of a g/L in fossil brines. These sulphur sources can be divided in 
atmospheric contribution, mineral or rock contribution, marine and playa lake sources, vol-
canic sources and biological contributions. Atmospheric contribution includes atmospheric 
wet precipitation (H2SO4), atmospheric dry deposition (SO2) and sea-spray aerosols. Mineral 
contribution contains recent and fossil evaporite sulphates (gypsum and anhydrite), barite in 
veins and fracture fillings in rocks, pyrite and other sulphidic minerals. Their isotopic compo-
sitions expressed in δ34SCDT(SO4) and δ18OSMOW(SO4) are important characteristics when ori-
gin of water and sulphates are discussed. 
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Fig.5.21 Composite δ34S curve for sulphate of marine evaporites (after Claypool et al. 1980) and 

corresponding δ13C values, as well as 87Sr/86Sr values from carbonate and apatite in ma-
rine sediments (after Holser et al. 1986). 

 
The isotopic composition of the sulphate of atmospheric origin is determined today either by 
sea-water spray near cost lines or by the composition of sulphur in burned fossil fuels. δ34S in 
oil, natural gas and coal is mostly between −5 and +10‰ while marine sulphur has uniform 
δ34S of +21‰. Isotopic composition of oxygen in atmospheric sulphate is a result of mixing 
of molecular oxygen in atmosphere (δ18O = +23.5‰), oxygen in water molecules (δ18O is 
negative and oriented to the meteoric water line) and marine sulphate (δ18O ≈ +9.5‰). A 
complex oxidation of SO2(g) to SO4

2- may be accompanied by a low oxygen isotopic frac-
tionation. In accordance with the tree sources, δ18O(SO4)  in atmospheric sulphates usually 
varies from slightly negative values to +10‰ (see also Volume I).  

Processes 

Stable isotope ratios of sulphate are strongly affected by isotopic fractionation caused by mi-
crobial activity as well as water-rock interactions (Chapter 4). 

During complex geochemical and biochemical transformations of sulphate, fractionation pro-
cesses affect the stable isotopic compositions of sulphur (34S/32S) and oxygen (18O/16O). 
These processes are: sulphur reduction and oxidation, crystallisation of sulphate minerals 
and adsorption of sulphate ions in sediments. The relatively low temperature of groundwater 
prevents most of the isotopic fractionation processes to reach isotopic equilibrium and signifi-
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cant isotopic exchange of oxygen between SO4
2- and H2O. 

The trends in the isotopic shift due to the fractionation are illustrated in Fig.5.22 (Krause 
1987). 

Sulphate and H2S formed through oxidation of sulphides or bacterial reduction, respectively, 
are isotopically significantly lighter at about +10 ‰. The most effective isotopic fractionation 
is caused by microbial reduction of dissolved sulphate to sulphide. The fractionation factor 
ε(SO4/H2S) is about +30‰. After major bacterial decomposition to H2S, the residual sulphate 
remaining has δ34S values is often far above +20‰.  

Terrestrial sulphate as well as sulphate in atmospheric precipitation have δ34S(SO4) <+10‰ 
and  δ18O(SO4) <+4‰. Microbial reduction of sulphate enriches both the residual sulphur and 
oxygen with their heavier isotopes. The shift due to the microbial reduction has a slope of 
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 in the plot of δ34S(SO4) vs. δ18O(SO4) (IAEA 1987). Newly formed sulphide has δ34S(SO4) < 
7‰. Oxidation of sulphide yields sulphate with δ18O larger than that of the oxygen in water 
molecules by +4 to +20‰. (Taylor et al. 1984). This reflects the mixing of isotopically light 
oxygen in water molecules (δ18O <0‰) and isotopically heavier atmospheric oxygen (δ18O ≈ 
+23.5‰). During biological oxidation of sulphidic minerals 32S reacts faster and this lowers 
δ34S(SO4) by +2 to +5.5‰ (Toran and Harris 1989). 

Crystallisation of gypsum favours heavier isotopes of S and O in the precipitate. In oil field 
waters the reduction of sulphate by methane and other hydrocarbons will also lead to isotopic 
fractionation. 

Sulphate in groundwater is diluted by precipitation and removed by crystallisation of 
evaporite sulphate minerals, by microbial reduction to volatile or dissolved hydrogen sul-
phide, COS, CS2 or sulphidic amorphous precipitates and minerals. Fine-grained soils and 
sediment particles adsorb small quantities of sulphate ions, while vegetation takes up sulphur 
as a indispensable nutrient. 

Mixing of groundwater with modern seawater, with brines of playa lakes and with fossil for-
mation water, modifies the isotopic composition of sulphate along the lines between the end 
members of mixing.  

The dissolution of evaporite minerals does not change the isotopic signature. However, sul-
phate reduction may occur and exclude the application of simple mixing models to explain 
precisely the observed sulphate isotopic composition. 
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Fig.5.22 Trends in the isotopic shift of sulphur and oxygen due to the most important fractionation 
mechanisms occurring in nature (after Krause 1987). 

 
Mixing of recent and fossil sea water or fossil playa-lake brines is difficult to interpret, though 
the isotopic composition of the recent seawater end-member is well defined (δ34S(SO4) = 
+21‰; δ18O(SO4) = +9.5‰). The isotopic composition of fossil seawater depends upon the 
complex geological history of the marine sulphate (Fig.5.22). 

Application 

The isotopic composition of sulphur and oxygen in sulphates helps to differentiate between 
marine, evaporitic and volcanic sources of dissolved sulphate (Krouse 1980; Pearson and 
Rightmire 1980) and to elucidate its fate in the groundwater. The variety of possible sources 
of dissolved sulphates, complex fractionation mechanisms, non–equilibrium state and uncer-
tainties about the degree of openness of the groundwater systems make, however, the interpre-
tation of isotopic composition of the sulphate and the bound oxygen a difficult task.  

Example: 

The isotopic composition of sulphates in groundwater and its evolution is demonstrated by a 
brief discussion of three groundwater systems. 

Case study 1: Simple mixing 

A simple mixing with negligible fractionation is indicated by groundwater from Zechstein 
sediments in the Harz mountain in Germany (Schaefer and Usdowski 1992). Four springs 
(FOR 1 to FOR 4) were sampled and δ34S(SO4) measured in the sulphate ions as well as in 
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gypsum and anhydrite of the associated sedimentary rocks. The evaporites showed a very nar-
row range of δ34S(SO4) values from +9.9 to +12.4‰. Sulphate ions in three of the springs 
(FOR 1 to FOR 3) have their isotopic compositions within the limits of the minerals (+10.6 to 
+11.6‰) indicating that the dissolved sulphate originates from the rock. On the other hand, 
δ34S(SO4) in spring FOR 4 is less positive (+8.3‰), indicating a mixing with sulphate from 
an isotopically lighter source. An obvious choice is the mixing with local rain water and snow 
melt with δ34S(SO4) equal to +4.5‰. Using those values of δ34S(SO4), the mixing proportions 
of the atmospheric and evaporite components in sulphates of the spring FOR 4 are estimated 
to be 46 and 54%, respectively. 

Case study 2: Mixing of sulphates of different origin and process interference 

The isotopic composition of sulphur of the groundwater from the Permo-carboniferous and 
crystalline basement of Cretaceous basin in the Bohemian Massif (Central Europe) reflects a 
complex fate of the sulphate. The relationship between δ34S(SO4) and δ18O(SO4) is shown in 
Fig.5.23. Chloride brines with a low and an elevated concentration of sulphate from the base-
ment of the Cretaceous basin were analysed (Smejkal and Jetel 1990). The data points of the 
brines with high sulphate concentration are located along the line between local rain and gyp-
sum and may be interpreted as dissolution of local evaporites. The water of the brines is of 
meteoric origin according to the δ2H and δ18O values. 
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Fig.5.23 The line connecting the δ34S(SO4) and δ18O(SO4) values indicates mixing of rainwater 

with groundwater and brines containing dissolved evaporite sulphate in the Cretaceous 
Basin of the Bohemian Massif (Central Europe) (after Smejkal and Jetel 1990). 
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The brines with low sulphate concentration contain isotopically heavier sulphate. A slope of 
the δ34S(SO4) vs. δ18O(SO4) diagram of nearly 4 may indicate bacterial reduction and removal 
of 32S via H2S. This interpretation is in contradiction with the increase of the sulphate concen-
tration (Fig.5.24). Therefore, a more complex history of sulphate has to be assumed for the 
brines with low sulphate concentration. One explanation is dissolution of gypsum and anhy-
drite present in the Permo-carboniferous sediments. The sulphate of brines which came in 
contact with organic matter became reduced and its concentration decreased. The isotopic 
composition shifted to heavier sulphur and sulphate oxygen.  
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Fig.5.24 Relationship between δ34S(SO4) and the concentration of sulphate ions (log scale) in 

groundwaters and brines from the basement of the Cretaceous basin in the Bohemian 
Massif, Central Europe. As the mixing line δ34S(SO4) = {[c(SO4)rain × (δ34S(SO4)rain – 
δ34S(SO4)evaporite)] / c(SO4)} + δ34S(SO4)evaporite does not fit the data, the sulphate must have 
a more complex fate (data from Smejkal and Jetel 1990). 

 
The isotopic composition of sulphate in the groundwater of the Variscian Bor granodiorite in 
the Bohemian massif (V. Smejkal, unpublished results) indicates that a fossil brine has re-
mained in fractures of the rock though the sulphate concentration and the isotopic composi-
tion might have been modified by microbial reduction. The data points follow a linear trend 
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Fig.5.25 Plot of δ34S(SO4) vs. δ18O(SO4) for groundwaters and brines from the Variscian Bor gra-

nodiorite (Bohemian massif) (V. Smejkal, unpublished data). 
 

along lines with a slope between 2.6 and 6.1 which can be explained by a Rayleigh distillation 
process in a closed system according to (Fig.5.25; Volume I). 

 1α
4s

0t4s

t4s )SO(f
)SO(R
)SO(R −

=

=    

with the fractionation factor α = RS(H2S)/RS(SO4) and that of the residual sulphate ε =1−α 
(×103‰). fS(SO4) is the residual fraction of dissolved sulphate. Substitution with δ34S(SO4) 
yields 
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Fig.5.26 presents the results of this hydrogeological conception. Two source members were 
considered: fossil Tertiary sulphate brine of the Bohemian Massif with 800 mg/L SO4

2 and 
δ34S(SO4)t=0 = 5.4‰ (curve A) and of the Cheb Tertiary basin with a maximum sulphate con-
centration of 54 g/L and δ34S(SO4)t=0 = 5.4‰ (curve B). The enrichment factor of 22‰ corre-
sponds relatively well to the observed isotopic composition of sulphur and the sulphate con-
centration to that of the first end member. The isotopic composition of the second end mem-
ber cannot be explained by sulphate reduction or any other known fractionation process. 
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Fig.5.26 Plot of δ34S(SO4) vs. c(SO4) for groundwaters and brines from the Variscian Bor granodio-

rite (Bohemian massif) (V. Smejkal, unpublished data). Curve A represents isotopic frac-
tionation by sulphate reduction in a fossile brine with 800 mg/L SO4

2+ and δ34S(SO4) 
= +5.4‰. Curve B reflects isotopic fractionation after sulphate reduction in a fossile brine 
from a neighbouring Cheb Tertiary basin, Czech Republic, with 56 g/L SO4

2+ and a  
δ34S(SO4) = +5.4‰ (after Paces 1987). 

 

Case study 3: Anthropogenic pollution 

The isotopic composition of sulphate can also be an indicator of anthropogenic pollution of-
groundwater. Sulphate formed during high-temperature oxidation in technological processes 
contain heavy sulphate oxygen derived from the atmosphere. The sulphate isotopic composi-
tion was determined from groundwater collected from a aquifer in the vicinity of a settling 
pond with ash from power plants at Sulkov, Czech Republic (Smejkal 1990). 

Three sources of sulphate were identified (Fig.5.27): 

1) high sulphate concentration enriched with heavy oxygen and sulphur isotopes are derived 
from the ash, 
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Fig.5.27 Various mixing lines of the isotopic compositions of sulphur and oxygen of sulphate as 

indicator of anthropogenic pollutions in groundwater. The area of the squares is propor-
tional to the sulphate concentration in groundwater. The grey area represents samples 
from an region with ash deposited in the settling ponds of the power plant in Sulkov, 
Czech Republic. The points of samples from different depth but of the same well or drill 
hole are connected by broken lines. The regression line y = 0.4 x + 1.2 is a mixing line 
between fresh groundwater and water unpolluted with sulphate from the ash. The slope of 
the regression line y = 3.7 x – 6.9 indicates microbial reduction of sulphate (after Smejkal 
1990). 

 

2) elevated sulphate concentrations enriched with light oxygen and light sulphur isotopes are 
derived from oxidised local pyrite, 

3) sulphate with low concentrations, enriched light sulphur isotopes and δ18O(SO4) between 
+1 and +7‰ belong to groundwater containing atmospheric sulphate. Many of the sam-
ples in Fig.5.27 represent mixtures of these tree types of groundwater. 

In conclusion, sulphur and oxygen isotopic analyses of sulphate dissolved in groundwater 
may yield information on the origin of water and its constituents. The interpretation requires a 
careful consideration of the various hydrochemical and biochemical processes, including mix-
ing of two or more water components. Geochemical and hydrogeological data on groundwater 
may be a welcome supplement.  
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5.2.1.5 CHLORINE (37Cl/35Cl) 

Physical fundamentals  

Chloride has two stable isotopes: 35Cl (≈ 75.7%) and 37Cl  (≈ 24.2%). They do not participate 
in biological processes and act as conservative tracer. Data are expressed as δ37Cl with respect 
to the standard mean oceanic chloride (SMOC). The ratio 37Cl/35Cl is measured by isotope ra-
tion mass spectrometry (IRMS). The precision must be better than ± 0.1‰ (Volume I). 

Occurrences 

δ37Cl values contain information on the origin of chloride ions in fresh and polluted ground-
water as well as in subsurface brines (Eggenkamp 1994, Frape et al. 1995, 1998; Van 
Warmerdam et al. 1995). They are not always well distinguished and scatter within a range of 
−1.6 to +2‰ (Fig.5.28). Therefore, major sources of chlorine cannot easily be distinguished 
by their isotopic composition (Volume I). 

Processes 

Isotope fractionation of the chloride isotopes occurs in geothermal systems (Chapter 6) under 
crustal temperatures and pressures (Eastoe and Guilbert 1992). Ion filtration, diffusion, geo-
thermal boiling, brine evaporation and salt deposition appear to be the most important physi-
cal processes (Eggenkamp 1994).  

Applications 

Example: 

The chloride concentration increases from shallow groundwater, to deep groundwater and the 
brine in the Stripa mine, Sweden (Fig.5.28). Correspondingly the δ37Cl values increase. The 
occurrence of transient values indicate mixing of deep and shallow groundwater (Frape et al. 
1998). The available data do not yet allow a definitive decision about whether or not the chlo-
ride isotopic composition has a potential in such groundwater studies. 

5.2.1.6 BORON (10B/11B) 

Physical fundamentals 

Natural boron has two stable isotopes 11B (≈ 80%) and 10B (≈ 20%). The variation in the ratio 
of these two isotopes is expressed in δ11B (‰) with respect to SRM-951 NBS standard (Ven-
gosh et al. 1998). δ11Β is determined by thermal ionisation mass spectrometry (TIMS) (see 
also Volume I). 
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Fig.5.28 Ranges of chloride concentration and stable isotopic composition of chlorine for fresh 
and brackish groundwaters and brine from the crystalline rocks of the Stripa mine area, 
Sweden (after Frape et al. 1998). 

Occurrence 

Boron is a minor constituent of groundwater with a concentration of usually less then 
0.1 mg/L, in seawater it is 4.6 mg/L, and in oil-field brines >100 mg/L (White et al. 1963). An 
increased concentration of boron in groundwater is usually related to enrichment with sub-
stances of  marine and volcanic origin or they are related to anthropogenic pollution. Sodium 
perborate is a component of detergents so that boron is present in sewage and in industrial 
waste (Hem 1985). It  is also a constituent of fertilisers (Vengosh et al. 1998). 

Natural sources of boron in groundwater are atmospheric deposition, tourmaline, biotite and 
amphiboles in crystalline rocks, colemanite, kernite and borax in evaporites, illite in marine 
shales, residual seawater in isolated aquifers and magmatic volatiles in volcanically active and 
geothermal areas.  

There is a wide range of δ11B values in rain from +0.8 to +35‰ (Vengosh et al. 1998). 
Freshwater δ11B is controlled by the atmospheric deposition, consisting of marine aerosols, 
volcanic gases, and soil particles. Isotopically heavy boron originates from the sea (≈ +39‰), 
isotopically light boron from volcanic sources as well as rock forming minerals (+1.5 to 
+6.5‰). Terrestrial dust supplies small quantity and has a δ11B value between -6.6 and 
+15.0‰. Brines contain isotopically extreme heavy boron (+25 to +60‰)(Barth 1993). An-
thropogenic sources are characterised by isotopically light boron and allow their differentia-
tion (+10 to –15‰; Vengosh et al. 1998). 
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The isotopic composition of boron in groundwater shows a continental effect. Uncontami-
nated groundwater from coastal plains of Israel has a δ11B of around +30‰, water in Alpine 
lakes between +0.9 and +6.2‰ (Juraske 1994). The lowest δ11B is found in groundwater from 
Great Artesian Basin in Australia, between -16 to +2‰ (Vengosh et al. 1991). 

A generalisation on possible sources of boron in groundwaters is in Fig.5.29. The wide range 
of δ11B values from -20 to +60‰ and several orders of magnitude differences in the B/Cl ra-
tio indicate that the isotopic composition of boron has a future potential for identification of 
natural sources as well as of pollution sources in groundwater systems (see also Volume I). 
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Fig.5.29 Isotopic composition of boron and B/Cl molar ratio in various sources of boron in 
groundwater (after Vengosh et al. 1998). 

 

Processes 

The most common dissolved species in groundwater is non-dissociated boric acid (H3BO3). 
Polyborate ions and molecules are formed in highly saline solutions. The crystallographic ori-
entation of dissolved boron is trigonal, whereas in crystals the structure is governed by a  
tetragonal co-ordination. The transformation in atomic co-ordination symmetry is accompa-
nied by a large isotopic fractionation with a characteristic enrichment factor εtri-tetra of about 
-20‰. Heavy isotopes are preferentially partitioned to non-dissociated boric acid in ground-
water. Even adsorption of boron onto clay minerals may remove 10B from solution (Vengosh 
et al. 1994). Boron is removed from soil water by biological uptake. 

In spite of the wide range of δ11B in groundwater (from –7 to +60‰, Vengosh et al. 1998), a 
quantitative interpretation of data is often difficult and uncertain due to mixing of various 
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sources of boron and isotopic fractionation. A suitable graphical interpretation of mixing is 
with the use of a diagram  showing δ11B vs. B or B/Cl (see also Volume I). 

Applications 

Boron stable isotope ratios have a potential to play a role in pollution studies (e.g. Davidson 
and Bassett 1993). They have also applications in the characterisation of brines and geother-
mal waters (Eggenkamp and Coleman 1998; Chapter 6). 

Case study: 

Fig.5.30 shows two mixing lines. One is between fresh groundwater and seawater in the 
Coastal Plain of Israel. The second line reflects mixing between fresh groundwater and sew-
age effluent (Vengosh et al. 1998). The high values of δ11B in waters from the saline plumes 
in Be’er Toviyya and Shiller, Israel, are explained by adsorption of boron and preferential 
fractionation of the heavier 11B to solution. 
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Fig.5.30 Boron and chloride in brackish waters from saline plumes in the coastal aquifer of Israel. 

Mixing between boron of terrestrial groundwater and seawater is suggested by the linear 
mixing line in the plot of boron vs. chloride concentration and by the hyperbolic relation 
of δ11B vs. boron concentration (after Vengosh et al. 1998). 
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5.2.1.7 STRONTIUM (87Sr/86Sr) 

Physical fundamentals 

The 87Sr/86Sr atomic ratios are measured mass spectrometrically (TIMS) and are given as 
atomic ratios. That of seawater is 0.70906 and as reference (Volume I). 

Occurrence 

Strontium is a minor constituent of groundwater. It readily substitutes calcium ions in cal-
cium, sulphate, feldspar and other rock-forming minerals. Hence it participates in the water-
rock interactions (Chapter 4; Volume I).  

Processes 

No natural fractionation of stable strontium isotope was observed during natural processes. 
This property makes the isotopic ratio of strontium a reliable candidate for tracing strontium 
of different origin, for evaluating mixing of ground waters and for studying a state of isotopic 
equilibrium between groundwater and strontium bearing minerals and rocks. A precise mixing 
balance can be set up for two aqueous end members with different 87Sr/86Sr values. Informa-
tion on this process and on the extend of water-rock interactions is obtained from comparing 
the 87Sr/86Sr values in the primary minerals of the host rock with those in the groundwater and 
in the secondary minerals on the surface of fractures, joints and pores. Strontium and calcium 
have similar geochemical properties. Therefore, the strontium isotopic composition serves to 
study the weathering of calcium bearing rocks and the biogeochemical recycling of calcium 
(Volume I). 

Applications 

It is a tracer for the origin of salinity, groundwater movement and water-rock interactions 
(Chapter 4). 

Case study 1: Source of Sr in spring water 

The 87Sr/86Sr ratio of spring water in the Mont-Dore region in Massif-Central, France, de-
pends upon the source rocks and ranges from 0.704408 to 0.714226 (Pauwels et al. 1997). 
Granitic rocks contain more radiogenic 87Sr (0.722282 and 0.733804) while basaltic rocks less 
(0.703844 to 0.704215). Groundwater with low radiogenic strontium apparently dissolved 
strontium from basaltic rocks being richer in the element than the granitic rocks. The fact that 
the 87Sr/86Sr ratio of the spring water from granitic rock does not approach the characteristic 
value may be explained as isotopic equilibrium with the rock not having been reached, by the 
occurrence of mixing or by the possibility that an isotopic equilibrium is related to an un-
known soluble rock-forming mineral. 
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Case study 2: Weathering studies 

In weathering studies (Aberg et al. 1989; Wickman and Jacks 1992) strontium serves as an 
chemical analogue to calcium. The weathering rate of release of calcium from rocks is calcu-
lated from the strontium isotopic mass balance, applying a simple two-component mixing ap-
proach according to Eq.5.5 (Wickman and Jacks 1992). The subscripts runoff, weath, and atm indi-
cate the strontium isotope ratios of strontium of the input by runoff, weathering, and atmos-
pheric deposition; xweath and xatm are proportions of weathering and atmospheric deposition 
inputs. It follows for the rate of weathering qweath 
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It is assumed that strontium weathering rate QSr (kg ha-1 yr-1) is proportional to that of calcium 
so that it can be referred to that of (QCa). Then 

 
weath

weath
atmweath q1

q
QQ

−
⋅=    

where Qatm is the atmospheric deposition rate of calcium in (kg ha-1 yr-1). 

For example, the 87Sr/86Sr ratios of precipitation, river water and soil from the catchment in 
Svartberget, northern Sweden, are 0.7168, 0.7398, and 0.7402. Then, 98% of the strontium in 
the runoff is due weathering. As the annual atmospheric deposition rate of Sr amounts to 
0.76 (kg ha-1 yr-1) the corresponding rate for calcium is 38 (kg ha-1 yr-1). 

Case study 3:  

The effects of the interaction between infiltrating meteoric water into soils and plants on the 
calcium-strontium system was studied by changes of the strontium isotopic composition at a 
soil profile in forests of the Black Triangle in Czechoslovakia (Bendl 1992). Fig.5.31 illus-
trates how the 87Sr/86Sr ratio changes due to atmospheric acid deposition following the in-
crease in the calcium content and the decrease of pH. Continental precipitation contains more 
radiogenic 87Sr (0.70999) than marine strontium (0.70906). The throughfall (0.71013) under 
the spruce canopy dissolves a mixture of soil dust (increasing with depth from 0.71379 to 
0.740425) and limestone (0.707859). The water infiltrating into the soil has a ratio of 0.71197 
and that of the runoff in local small streams ranges from 0.72095 to 0.72160. The gradual in-
crease of the 87Sr/86Sr ratio from the lowest value in atmospheric water to the highest value in 
the runoff indicates that a strontium isotopic equilibrium cannot be reached during the rela-
tively short residence time of the water in the soil. 

Another case study about water-rock interaction at rock fractures in the Stripa mine granite in 
Sweden is given in Sect.4.4.4. 
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5.2.2 GROUNDWATER DATING 

The residence time of groundwater in an aquifer or the groundwater age is an important pa-
rameter in any palaeohydrologic and geohydraulic study. The chemical and isotopic composi-
tions of groundwater usually represent steady-state conditions which develop after a certain 
time. Water-rock interactions (Chapter 4) occur during groundwater recharge within days/ 
weeks and during flow in the aquifer within years to even millions of years. Isotope hydro-
logical studies give at least an idea about approximate ages of the various groundwaters. 

The radiogenic isotopes of hydrogen (3H – tritium; Sect.5.2.2.1 and 5.2.2.2) and carbon (14C 
radiocarbon; Sect.5.2.2.3) and in special cases krypton (81Kr; Sect.5.2.2.7, 85Kr; Sect.5.2.2.8), 
argon (39Ar; Sect.5.2.2.6) and chlorine (36Cl; Sect.5.2.2.5) with very different half-lives are 
being used to evaluate relative or absolute groundwater ages (see Volume I). 

Dating by radioactive decay: The physical process of radioactive decay is the basis of the age 
determination of groundwater. Radioactive decay of a certain nuclide is completely independ-
ent of any environmental parameter such as pressure, temperature, pH or chemical bonds, and 
only depends upon a characteristic degree of instability, expressed into a half-life. There are, 
however, physical processes and geochemical reactions which secondarily change the specific 
activity (= activity per L or per g) (Volume I; Chapters 3 and 5).  
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Fig.5.31 Change of the 87Sr/86Sr ratio in a soil profile below a forest damaged by acidic deposition  

in the Black Triangle of Europe, Czech Republic. The calcium content is increased and 
the pH decreased. The change reflects the different 87Sr/86Sr ratios for continental precipi-
tation (= 0.70999) and marine sources (0.70906) (after Bendl 1992). 
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Complications: 

Hydrochemical reactions: The initial activity Ainit of a radioactive isotope present in the 
groundwater at the time of recharge may not be 100 % as defined for the atmosphere (e.g. 14C, 
39Ar) (cf. Volume I, Chapter 8: for 14C defined as the relative activity 14a in % or pMC). Hy-
drochemical processes as the dissolution of fossil limestone without 14C lower the 14C activity 
apart from radioactive decay. As a result 14C ages calculated conventionally with Ainit = 100% 
are apparently too large. The actual initial 14C activity Ainit of the groundwater must be used in 
Eq.2.2 (see Volume I). 

Underground production: Mainly neutrons produced by the decay of uranium and thorium 
and the daughter products create nuclear reactions with chemical elements of the rock matrix. 
Radioactive nuclides as 39Ar, 36Cl and other may be formed (Florkowski et al. 1988). If this 
underground production of environmental isotopes is not taken into account, apparently too 
small groundwater ages would result. 

Water-Rock interaction (Chapter 4): Exchange between the dissolved constituents of the 
groundwater and the rock matrix, congruent and incongruent precipitation and dissolution 
may have lowered the activity of the isotope used for dating and results in apparently too 
large ages (Wigley et al. 1978).  

Anthropogenic tracing of the hydrosphere: The hydrosphere has become polluted with an-
thropogenic radiocarbon, tritium, 36Cl and others isotopes by nuclear weapon tests during the 
1950s and early 1960s and later by the release of environmental isotopes as  85Kr by the nu-
clear energy industry, and the use of isotopes in industrial applications. The occurrence of 
these "artificial" isotopes in nature can be used to estimate mean residence times (Vol-
ume VI) or absolute ages of groundwater (Sect.5.2.2.3). 

The presuppositions of any age determination is that the dated samples belong to groundwater 
resources that behave as closed systems. In freshwater systems, this presupposition is seri-
ously prevented by geohydraulic mixing. The seepage of surface water into a phreatic aquifer 
and the leakage between adjacent aquifers results in mixing of different old groundwaters. In 
such cases the isotope data have to be interpreted by conceptional or lump-parameter models 
(Chapter 3; Volume VI). 

5.2.2.1 TRITIUM 

Physical fundamentals 

The radioactive hydrogen isotope, tritium, has a half-life of 12.43 years. The tritium activity is 
given in tritium units [TU]. One TU corresponds to one 3H atom to 1018 hydrogen atoms or 
1.185 Bq/L (Volume I). 
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3H acts as a conservative tracer as it is a constituent of the water molecule itself. Only in 
highly saline groundwater with high uranium, thorium, and lithium contents, underground 
production via boron results in 3H activity levels of up to 0.5 TU (Florkowski et al. 1988). A 
slight retardation of the 3H movement has been observed at clay by anion exclusion (Sect.4.1).  

Occurrence 

The natural cosmogenic level of 3H in precipitation is a few TU. Since the fifties the level in 
precipitation rose up to about 2000 TU due to nuclear weapons testing primarily on the North-
ern Hemisphere until 1963/1964. After the atom bomb moratorium it dropped exponentially 
to about 10 TU in the northern hemisphere at present (Fig.2.1). On the southern hemisphere 
the time course of the 3H levels was similar though on a lower level and retarded by about 2 
years. Seasonal 3H fluctuations are less important for groundwater dating. One reason may be 
that summer rainfall hardly contributes to groundwater recharge. 

In order to record this change of 3H in precipitation IAEA established a global network of 
about 125 stations to collect precipitation for isotope analysis. The measured isotopic abun-
dances have regularly been published in the IAEA Technical Reports Series since 1969 
(IAEA 1969 – 1994). For more recent data contact http://www.iaea/org/worldatom. This data 
bank provides sufficiently reliable input curves for extrapolation to nearly any site on the 
globe. Samples which behaved as closed systems during the past century as cold ice, deep 
groundwater, and deep ocean water may reflect this record. 

There is a pronounced continental effect. Lower 3H values are found in coastal areas than in-
land.  

On the conditions for sampling and the detection techniques the reader should consult Vol-
ume I. The sample size ranges between 2000 and 15 mL. The detection limit is 0.1 TU apply-
ing electrolytic enrichment of 3H. 

Applications 

Dating by 3H determines the residence time of shallow groundwater and of spring water in 
fissured and fractured rocks less than about 150 years. The classical 3H method (Libby 1953) 
was based on the environmental cosmogenic 3H activity in rain water. It had a very limited 
applicability due to the drastic increase of the 3H level by up to four orders of magnitude, be-
tween the early fifties and 1963/64 as a result of nuclear weapons tests (Fig.2.1). This input of 
3H to the hydrosphere can, however, be used to estimate mean residence times applying 
lumped-parameter models (exponential model, dispersion model, linear model; Sect.3.1.2; 
Volume VI). In most cases the 3H activity of  shallow groundwater and spring water is inter-
preted by the exponential model (Sect.3.1.2; Fig.3.5; Volume VI). It is assumed that spring 
water consists of water of different aged components whose proportions decrease exponen-
tially with increasing age. The MRT may be between years and decades, implying short turn-
over times of the groundwater. Time-series of data provide the most precise and reliable re-
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sults and allow to test whether or not a used model was able to describe the system (Zuber 
1986; Malozewski 1994). An alternative is applying the analysis of several isotopes as 85Kr 
(Sect.5.2.2.8) (Grabczak et al. 1982; Zuber 1986). Appropriate models for routine evaluation 
of 3H data are commercially available (e.g. MULTIS; Richter et al. 1993). Single 3H values 
mostly yield ambiguous mean residence times, to be discarded because of geohydraulic re-
flections. 

Other applications of 3H is studying lake dynamics, and the estimation of groundwater re-
charge rates in humid, arid and semi-arid regions. In regions with low precipitation samples 
from dug wells offer a unique possibility to estimate upper limits of the groundwater recharge. 
If the water table has a thickness d the measured 3H value of the water and the recharge rate 
qrec is given by 
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The 3H-interface method is an example of estimating  groundwater recharge areas that are 
heavily urbanised and have a high density of wells (Fig.5.32; Andres and Egger 1985; Deak et 
al. 1995, Bertleff et al. 1993). 
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Fig.5.32 Application of the 3H interface method to estimate the groundwater recharge in heavily 

populated areas in southern Germany (after Egger and Andres 1985). 
 

Geohydraulic information on the mixture of groundwater from different sources and of dif-
ferent age – an old 3H–free groundwater with a young groundwater containing 3H – is a rou-
tine application. It is related to the current hydrological problem of estimating the pollution 
potential of groundwater resources pumped for the drinking water supply. It has been found 

 98 



Low-Temperature Systems 

that elevated nitrate concentrations make 3H analyses useless because of the much lower mean 
life of nitrate. 

Case studies 

The shape of the input function of 3H since 1963/1964 as shown in Fig.2.1 is preserved in the 
fast moving groundwater in the alluvial deposits of the Danube River, Hungary, for over 30 
years. The flow is radially away from the river over a horizontal distance of 12 to 15 km and 
at a vertical depth of about 140 m. Due to radioactive decay and the preferential infiltration of 
winter precipitation with relatively low 3H, the peak activity in the groundwater should be 200 
to 300 TU. The measured values of 80 to 90 TU are due to hydrodynamic dispersion 
(Fig.5.33). 
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Fig.5.33 Spatial 3H distribution in a depth profile at the Danube River, Hungary. The bomb peak 

of 3H (grey area) travelled with about 500 m yr-1 from W to E and approached a depth of 
50 – 100 m at 1993 (after Deak et al. 1995). 

 
5.2.2.2 3H/3He AND 3He METHODS 

Physical fundamentals 
3H decays with a half-life of 12.43 yr into the daughter isotope 3He. By measuring both the 
mother and daughter activity actual water ages can be calculated, provided the samples were 
unmixed and collected from an aquifer with a piston-flow like groundwater movement (Chap-
ter 3). The input function of 3H need not be known.  

The activity of 3H is given by (Volume I): 

  (5. 7) tλ
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3
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The growth of 3He in a sample is given by  

  (5. 8) )e1(HHe tλ
init

3
spl

3 ⋅−−=

Combining Eq.5.7 and 5.8 the unknown and variable initial 3H activity 3Hinit is eliminated and 
the absolute age is obtained by  

 )    1e(HHe tλ
spl

3
spl

3 −= ⋅−

The 3He concentration has to be corrected for admixed 3He from the Earth's crust and from 
the atmosphere. 

Until now the high cost of the mass spectrometer analysis prevented a wide application. An  
methodical problem of this method is diffusive gas loss, either due to natural processes or dur-
ing sample treatment and storage (Volume I; Schlosser et al. 1989; Ekwurzel et al. 1994). 

The required high–precision measurement of 3H is obtained by the so-called 3H-ingrowth 
technique (Volume I). The 3H activity is determined through measuring the stable 3He pro-
duced by the 3H decay. Water samples (typically ca. 45 ml) are thoroughly degassed and then 
stored for at least a half year in a tightly sealed aluminosilicate container under vacuum. The 
3H value C(3H) is calculated from the concentration c(3He) of 3He produced during the stor-
age time t by Eq.5.7. The detection limit for 3H of this method is > 0.005 TU (Volume I). 

Application 

Schlosser et al. (1989) used this method to absolutely date shallow groundwater in an alluvial 
aquifer in Germany. The precision of the dating was ± 10%, the loss of 3He by diffusion was 
estimated to ≈ 20%. This is small enough to consider 3He as conservative tracer. The method 
is found to be a very valuable complementary tool for the dating by CFC and SF6. 

Owing to its sensitivity, the 3H/3He method is used for absolute groundwater dating up to 
about 40 yr (Schlosser et al. 1989). The application may increase in the future as the applica-
tion of the conventional 3H method is temporarily limited (Carmi and Gat 1992) due to the 
largely declined 3H activity in precipitation.  

5.2.2.3 RADIOCARBON 

Physical fundamentals 

Radiocarbon (14C) is the radioactive isotope of carbon with a half-life of 5730 years. It occurs 
in atmospheric CO2, living biosphere and the hydrosphere after its production by cosmic ra-
diation. Underground production is negligible. The 14C activity is often given as an activity 
ratio relative to a standard activity, about equal to the activity of recent or modern carbon. 
Therefore, the 14C content of  carbon containing materials is often given in percent modern 
carbon (pMC): 100 % or 100 pMC (or 100 % Modern Carbon) corresponds by definition to 
the 14C activity of  carbon originating from (grown in) 1950 AD (Volume I). 
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Fallout 14C (in carbon dioxide) from the nuclear tests (Fig.2.1) offers the possibility – analo-
gous to 3H– to date young groundwater with mean residence times of up to 150 years of the 
long-term components of karst spring-water and shallow groundwater applying suitable inter-
pretation models (Volume VI). 
14C is measured radiometrically using samples with an equivalent of 25 mg to 5 g carbon (cor-
responding to about 5 to 100 L of groundwater) and mass spectrometrically (AMS accelerator 
mass spectrometry) with less than < 1 mg carbon (details in Volume I). 

Occurrence  
14C may not behave as a conservative tracer in groundwater as it is a constituent of the dis-
solved inorganic carbon (DIC) compounds undergoing hydrochemical reactions with the rock 
matrix of the host aquifer (Sect.4.4; Volume I; Clark and Fritz 1997). 
14C also occurs in the dissolved organic carbon compounds (DOC). The dissolved organic 
carbon (DOC) in groundwater consists of organic liquids, hydrocarbons, methane and humic 
components. It is produced by microbial activity from humic matter in the top soil, peat layers 
and lignite. The youngest dissolved constituents in groundwater are fulvic acids (FA) which 
are most promising for groundwater dating (Geyer et al. 1993; Wassenaar et al. 1991). Humic 
acids (HA) are less suitable.  

The concentration of FA in groundwater is as low as 1 mg/L carbon. As the fulvic acids are 
composed of variable-age organic carbon of pedogenic and geogenic origin with an age range 
of many hundreds to thousands of years. Ao is usually lower than 100 pMC. Geyer et al. 
(1993) found a range of 34 – 100 pMC but most frequently between 75 and 100 pMC. The 
initial 14C activity can only empirically be estimated. The expectation that 14C dating of DOC 
may overcome the hydrochemically involved problems of  14C dating of DIC has not been ful-
filled though sometimes the contribution of old sedimentary organic carbon can be estimated 
(Aravena and Wassenaar 1993). 14C dating of DOC is, however, a useful supplement to 14C 
dating of DIC (Volume I).    

Processes and Reactions 

Dating of groundwater, initially considered as the main purpose of isotope hydrology, applies 
the 14C method developed by Libby (1946) for organic samples with ages up to some 50 000 
years. According to Libby's model, the 14C produced by cosmic rays is oxidised to CO2 in the 
atmosphere and is mixed into the CO2 cycle. Through the assimilation by plants and their con-
sumption by animals and man, 14C enters the biocycle and thus the various earth reservoirs of 
14C (atmosphere, biosphere and hydrosphere), for each of which a different specific initial 
specific acitvities Ainit applies (reservoir effect). Within the time span of the 14C dating 
method the production rate and therefore also the global 14C reservoir, is taken as approxi-
mately constant. Cosmogenic production of 14C is balanced by radioactive decay. As soon as 
an organism dies the assimilation of 14C ceases and the specific 14C activity (14C value) de-
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creases with a half-life of 5730 years. In order to determine the age by Eq.2.2 it is therefore 
necessary to measure the specific 14C activity of a reference material Ainit of known age (stan-
dard) and of the sample Aspl to be dated.  

Münnich (1957, 1968) recognised that groundwater can be dated based on the carbonate/bi-
carbonate chemistry. 14C is present in groundwater in the form of CO2, mainly as HCO3

−. CO2 
in soil air (up to 3 vol.%), which is produced by the respiration of roots and the decomposition 
of organic material that has recently died (14C activity = 100 pMC, δ13C = −25‰) is dissolved 
by infiltrating rainwater and dissolves marine and fossil carbonate in the topsoil (assumed to 
be 0 pMC, δ13C = 0‰) as carbonic acid forming bicarbonate (Eq.4.1). There is a large differ-
ence between open and closed systems (Volume I; Clark and Fritz 1997). 

After hydrochemical equilibrium between the CO2 and carbonate has been reached Ainit in 
newly regenerated groundwater is in the range of 55 to 65 pMC, corresponding to a reservoir 
correction of −4500 to −3500 yr. Consequently, Ainit increases with increasing DIC. 

There are various models to estimate Ainit by applying the concentrations of bicarbonate and 
CO2 or the isotopic composition of carbon including isotopic fractionation and mixing 
(Sect.4.4.1; Volume I; Mook 1980; Clark and Fritz 1997). Most common is the estimation of 
the initial 14C activity (Cinit) by means of the Gonfiantini model (Salem et al. 1980; Eq.5.5). It 
relates the δ13C of the DIC in groundwater (δ13CDIC = 0 ± 0.3‰) to mixing of carbon from 
calcite (δ13Ccalc = 0 ± 2‰) with carbon from soil CO2 (δ13CCO2 = -22 ± 1.5‰) and isotopic 
fractionation factor ε between dissolved bicarbonate and gaseous CO2 is a function of tem-
perature and pH and amounts to 8 to 9‰. The model yields the initial activity of 14C for 
closed carbonate-CO2 systems, and the calculated model age t according to Eq.5.9. 

Experience with these models shows that using the same hydrochemical and isotope hydro-
logical information they produce corrections varying by up to many thousands of years (Geyh 
1992). The best results are obtained with the program NETPATH, provided chemical and iso-
topic data are available from samples taken from wells along the same flowpath of the 
groundwater. This presupposition cannot easily be fulfilled. A mayor problem of all model-
ling remains that the isotopic compositions of the chemical components – limestone and CO2 
are rarely accurately known, while isotopic equilibrium is usually not attained (Geyh 1992). 
In any case, the time scales of the different models for most fresh groundwater resources are 
linearly related to each other (Fig.5.34). Therefore, the numerous possible secondary changes 
in 14C values of fresh groundwater, due to water-rock interactions in the saturated zone and 
unrelated to radioactive decay (Chapter 4), appear to play a minor role. The 14C values of DIC 
thus represent reliable time differences producing reliable flow rates in solute transport mod-
elling. 

One problem of the estimate of Ainit by hydrochemical or isotopic models is that a thorough 
error analysis, adopting the ranges of initial 14C activity and δ13C of the hydrochemically in-
volved components, considerably lowers the precision of groundwater dating. This becomes 
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the more pronounced the more components are used in the model. In the case of the relative 
simple Gonfiantini model (Eq.5.5) the precision rises from ± 100 yr to ± 2700 yr. Fortunately, 
the results of many case studies show that the 14C groundwater dates scatter less than ± 500 yr 
(Geyh 1992). The reason is that the range of the initial δ13C values of the participating hydro-
chemical constituents from restricted recharge areas are smaller than the global ranges though 
not accurately known. 

A possibility to overcome the problems in selecting the appropriate correction model and de-
termining representative regional parameters are empirical approaches to estimate Ainit and to 
calibrate the 14C ages of DIC. Frequently the fixed correction value of 85 pMC (Vogel & Eh-
halt 1963) is applied. Geyh (1972) evaluated a differentiated array of Ainit for different geo-
logical settings of the recharge area (Table 5.2). 
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Fig.5.34 Example of an interrelationship between true water ages and conventional 14C ages of 

DIC from central USA. It shows that secondary 14C changes during groundwater flow 
cannot play a dominant role as the slope of the best-fit line is near unity. Moreover, the 
interruption of the groundwater recharge during the last pleniglacial period is well do-
comented by the gap (grey area) of the 14C dates. The reservoir correction amounts 
maximum to 5000 yr (data from Phillips et al. 1989). 

 
A very effective way is to plot the 14C ages of DIC along the flow path and to extrapolate 
them towards the recharge area where the actual water age is assumed to be zero (Vogel 1970; 
Fig.5.35). 
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A very reliable approach is to plot the 3H value (alternatively 85Kr) versus the 14C activity 
(Fig.5.36; Verhagen et al. 1991). The initial 14C activity is found where the curve hits the de-
tection limit of 3H. This approach is based on the assumption that a groundwater which does 
not contain bomb 3H may also not contain bomb 14C (Fig.2.1).  

 

Table 5.2 Empirically estimated initial 14C values Ainit and corresponding reservoir corrections for 
different geological settings (Geyh 1972). 

geology of the catchment Ainit       

(pMC) 
reservoir correction  

(yr) 

crystalline 90 to 100 −1000 to 0 

loess covered 85 −1300 

uncovered karst, dunes 55 to 65 −5000 to –3500 

 
Palaeohydrological, palaeoclimatological and prehistoric information (Geyh 1992; Clark et al. 
1996) may always be used to check the reliability of the estimated initial 14C activity or to 
check its accuracy. An example is given by Clark et al. (1996) who applied supplementary 
correction models for carbonate dissolution and sulphate reduction (Clark & Fritz 1997) until 
the 14C(DIC) dates fit with the palaeohydrological situation (Fig.5.37). 
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Fig.5.35 Increase of 14C water ages of DIC over the distance from the recharge area used to esti-

mate the initial 14C activity of 85 pMC or the corresponding reservoir correction of –1300 
yr (after Vogel 1970). 
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There are several hydrochemical reactions of water-rock interaction (Sect.4.4.1) and processes 
which may change the 14C value after the groundwater recharge, resulting in apparently too 
large water ages. Concurrent dissolution and precipitation of carbonate is one process (Wigley 
et al. 1978), matrix diffusion and isotopic exchange within the aquifer another, but more im-
portant the oxidation of fossil organic matter by sulphate reduction and subsequent dissolution 
of additional carbonate as well as the admixture of magmatic and crust CO2 (Sect.4.4.1). All 
these processes lower the 14C activity, accompanied with an increase of the DIC concentra-
tion, CT. As shown in Sect.5.2.2.3 the resulting dissolution of the 14C activity cannot be cor-
rected by means of the changes of the δ13C values. A solution is the so-called Oeschger cor-
rection applied instead of Eq.2.2 for the age determination:  
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Fig.5.36 14C-3H plot to estimate the initial 14C activity of groundwater in the northern Kalahari (af-
ter Verhagen et al. 1974). Samples at or below the 3H detection limit should not contain 
bomb 14C. 

 
In summary the hydrochemical reactions before and after groundwater recharge as well as 
several physical processes may change the 14C activity as well as DIC concentration, and in-
fluence the 14C time scale of the groundwater. This is shown in Fig.5.38. 
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Fig.5.37 Application of different hydrochemical correction models to estimate the initial 14C value 

of DIC of groundwater in the Ad Rhuma aquifer, Oman. The validity of the results is 
proved by the agreement with the palaeohydrological situation (after Clark et al. 1996). 
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Fig.5.38  Changes of the 14C time scale of DIC as result of radioactive decay (conventional ages), 

hydrochemical reactions due to water-rock interactions and 14C production after ground-
water recharge. 

 106 



Low-Temperature Systems 

Applications 

The broad application of the 14C dating method to hydrological problems and the interpreta-
tion of the results is largely covered by the proceedings of the international conferences on 
hydrology organised by the IAEA and reviewed by a number of publications mentioned in the 
section on Recommended Literature. Palaeohydrogeological and quantitative geohydraulic 
aspects have been treated in Verhagen et al. (1991). In spite of the above mentioned limita-
tions of the method, 14C age determinations on DIC in groundwater are in demand in various 
ways. This field covers the age determination for palaeohydrological and palaeoclimatological 
studies (Geyh 1994), the determination of flow rates and flow direction of groundwaters 
(Fig.5.35), the search for arid or pluvial periods in present semi-arid and arid regions 
(Fig.3.7), the estimation of recharge rates in phreatic deep aquifers (Verhagen et al. 1991), the 
determination of regional geohydraulic parameters as porosity and hydraulic conductivity 
(Geyh et al. 1984), and a check on and improvement of hydrological conceptions (Verhagen 
et al. 1991). 

5.2.2.4 SILICON-32 
32Si is the radioactive isotope of silicon with a half life of about 140 yr. It is cosmogenically 
produced and shows high variations during the season (Morgenstern et al. 1996). Biochemical 
processes result in an uncontrolled uptake of silicon by plants in the unsaturated zone and se-
riously accelerate the decrease of the 32Si activity with time, apart from radioactive decay. 
Moreover, mixing with natural resources in the subsoil complicate the evaluation of the 32Si 
activity. The geochemical and biochemical processes in the soil, modifying the 32Si activity 
are not yet well known. They are responsible that 32Si does not behave as a conservative tracer 
in groundwater. Thus, dating of groundwater in a theoretical range between 100 and 1500 yr 
has not (yet) been successful (Volume I).   

5.2.2.5 CHLORINE-36 

Physical fundamentals 
36Cl is the radioactive isotope of chlorine and has a half-life of 300 000 years. Its specific ac-
tivity is given in disintegrations per minute and litre water (dpm L−1) or as the atomic ratio be-
tween 36Cl and Cl. The initial 36Cl/Cl ranges from 5 to 30 × 10−15 for young groundwater 
(Volume I). 

If 36Cl is measured by AMS, 1 to 2 mg AgCl are analysed. This can be obtained from a few li-
tres of water (Bentley et al. 1986).  

Occurrence and processes 
36Cl is produced cosmogenically, by natural underground production and by nuclear weapon 
tests. The subsurface production by radionuclide-derived neutron fluxes on 35Cl depend heav-
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ily of the variable geological settings (e.g. Andrews and Fontes 1992). As radioactive decay 
and underground production on the one hand, and dilution by dissolution of salt or salt en-
richment by evaporation on the other interfere, the interpretation of 36Cl data in terms of 
groundwater ages remains ambiguous (Mazor 1992). If uranium-rich or chlorine-bearing min-
erals are present, apparently too low 36Cl groundwater ages may be obtained (Bentley et al. 
1986). 

The relative 36Cl abundance in groundwater is not changed by evaporation of the water, min-
eral interactions or secondary mineral formation, but it is influenced by dissolving of chloride. 
Therefore, the total chloride concentration has to be always determined. The plot of 36Cl/Cl 
versus the chloride concentration yields information on groundwater mixing, evaporation, re-
mobilisation of chloride, and radioactive decay and subsurface production of 36Cl (Florkowski 
et al. 1988). The complex situation of the interpretation of chlorine isotope data is shown in 
Fig.5.39. 

Applications 
36Cl is applied to groundwater with transit times of >40 000 yr up to 3 000 000 yr (Fabryka-
Martin et al. 1987). 36Cl is also a bomb tracer and was used for dating young groundwater in 
the unsaturated zone and in unconfined aquifers recharged during the last four decades. How-
ever, AMS analyses are expensive compared to 3H and 14C measurements. 
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Fig.5.39 Physical processes which change the chlorine-36 activity in groundwater and complicate 

the interpretation of the isotope data (after Mazor 1992). 
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Case study 1: Great Artesian Basin, Australia 
36Cl dating is limited to fresh groundwater resources in large basins as the Great Australian 
Basin. The results confirmed the geohydraulically estimated water ages of up to 1 Myr 
(Fig.5.40). The initial 36Cl/Clinit ratio was estimated to be around 100 to 120×10−5 (Bentley et 
al. 1986; Herczeg et al. 1999). There is, however, a large difference to the estimated 81Kr wa-
ter ages which has not yet been explained (Sect.5.2.2.7; Lehmann et al. 1999). 
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Fig.5.40 Concordant 36Cl ages and geohydraulically estimated groundwater ages along the south-

ern flow line in the Great Artesian Basin in Australia (after Bentley et al. 1986). 
 
Case study 2: Milk River Aquifer, Canada 

The problematics of hydrogeological 36Cl studies was recognised by 36Cl dating attempts in 
the Milk River aquifer in Alberta, Canada, in which the chloride concentrations cover a range 
of two orders of magnitude (Phillips et al. 1986). It is the general reason why the application 
of the 36Cl method is still very limited. 

Case study 3: Mixing studies 

There is a potential to apply 36Cl analyses to differentiate between mixing components, to set-
up a chloride balance for geothermal fluids in hydrothermal systems (Chapter 6), for old 
groundwater systems with extensive water-rock interaction as well as with a high input of en-
dogenous CO2 (Phillips et al. 1984a, Balderer 1993; Balderer and Synal 1995; Yechieli et al. 
1996). 
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Case study 4: Young groundwater 
36Cl produced by the nuclear bomb tests has also been used to determine the vertical velocity 
of soil water. Reasonable flow rates of 2.5 mm⋅yr−1 were found in arid regions (Bentley et al. 
1982; Elmore et al. 1982, Phillips et al. 1984b; Clark and Fritz 1997). This application may 
have been overlived, as most of such young groundwater has already discharged. 

5.2.2.6 ARGON-39 

Physical fundamentals  
39Ar is the radioactive isotope of argon and has a half life of 269 yr. Its activity is given in 
pMAr (equivalent to the definition for 14C: % Modern Argon) referring to the 39Ar activity in 
atmospheric argon which is by definition 100 pMAr. 39Ar is cosmogenically produced. 
Groundwater ages are calculated by Eq.2.2 analogous to 14C if the groundwater system be-
haved as closed system in the age range of several decades to about 1000 yr (Loosli 1992). 
Hydrochemical water-rock interaction of noble gas can be excluded. The occurrence of un-
derground production, however, may considerably increase the 39Ar activity (Florkowski et al. 
1988). 

The extraction of samples of about 15 m3 of water in the field is complicated and the radio-
metric measurement is time-consuming with 5 to 30 days counting time (Volume I). 

Occurrence and processes 

In granitic and other rocks having a high uranium concentration the production of 39Ar by 
neutron reaction with 39K [39K(n, p)39Ar] (Florkowski et al. 1988) explains the too small 39Ar 
ages (Loosli 1992). In leaky aquifer systems 39Ar-saturated pore water from the aquitards may 
falsify 39Ar dates of groundwater (Geyh et al. 1984). An indication of underground produced 
39Ar is obtained from the measurement of 37Ar (T1/2 = 35 d). In old groundwater the contribu-
tion of 40Ar produced by the decay of 40K must be taken into account. 

Applications 

Case study 1: Concordant 14C and 39Ar water ages  

Forster et al. (1992) presented concordant 39Ar, 14C, 3H, 39Ar, and 85Kr ages of groundwater 
for the range of 120 to 800 yr. In two sandstone aquifers in Germany underground production 
could be excluded. In all cases maximum 85Kr and 3H ages were obtained, whereas 14C re-
sulted in minimum ages. 

Case study 2: Discrepancy between 39Ar and 14C(DIC) ages 
39Ar water ages deviated by as much as one order of magnitude from the 14C ages of DIC in 
groundwater from a leaky, confined sandstone aquifer in southern Germany. Underground 
production of 39Ar in the sandstone aquifer was excluded. In spite of this, a high specific 39Ar 

 110 



Low-Temperature Systems 

activity was found for groundwater of more than several 1000 yr of age. This was explained 
by contributions of groundwater seeped from the shallow aquifer, becoming saturated in 39Ar 
during the passage of the aquitard. The high thorium content causes a high underground pro-
duction (Geyh et al. 1984). This process may partly be responsible for other deviating 14C and 
39Ar water ages (Loosli 1992; Andrews et al. 1984). 

5.2.2.7 KRYPTON-81 

Physical fundamentals 
81Kr is the long-lived radioactive isotope of the noble gas krypton and has a half-life of 
230,000 yr. It is cosmogenically produced and considered to be a conservative tracer. Most 
likely underground production is negligible. The concentration is given in dpm L−1 81Kr (Ro-
zanski and Florkowski 1979). The atmospheric 81Kr/Kr ratio is about 5 × 10-13 and independ-
ent from climatic conditions in the past. 

Krypton is degassed from 15 m3 of groundwater and obtained by fractionated vacuum tech-
niques. The measurement is done by AMS. Contamination with modern atmospheric krypton 
during sampling must be avoided (Volume I; Collon et al. 1999). 

Occurrence 
81Kr enters the groundwater during the recharge by dissolution of atmospheric gases.  

Application 
81Kr has the potential for dating old and saline groundwater with isolation ages of 50 ka to 
1 Ma (Andrews et al. 1989; Collon et al. 1999). First datings of fresh groundwater was carried 
out in the Great Artesian Basin, Australia (Collon et al. 1999). The results were compared 
with 36Cl dates (Sect.5.2.2.5; Lehmann et al. 1999). The agreement is reasonable within the 
age range of 1 000 000 yr though in both methods methodical problems may exists.  

5.2.2.8 KRYPTON-85 

Physical fundamentals 
85Kr is the short-lived radioactive isotope of the noble gas krypton with a half-life of 10.76 yr. 
The 85Kr specific activity is given in dpm L−1 of  85Kr. The detection limit is about 
100 dpm L−1 of Kr, while the present level is around 5500 (Fig.2.1). As a chemically inert gas, 
krypton offers nearly ideal possibilities for studying hydrodynamic movement and mixing of 
groundwater into which it has diffused (Salvamoser 1986).  

For the analysis 85Kr is extracted from about 100 L of groundwater within a vacuum chamber 
and measured in a small proportional counter over a week (Volume I; Salvamoser 1986).  
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Occurrence 

The specific activity of 85Kr in the atmosphere has been monotonously increasing world-wide 
since the beginning of the 1950s (Fig.2.1; Weiss et al. 1983). The primary source of 85Kr is 
the nuclear reprocessing industry.  

Applications  

The 85Kr method allows to estimate mean residence times in the range of 10 to 50 years by 
means of lump-parameter models. The results are more precise and less ambiguous than those 
obtained by the 3H method (Salvamoser 1986) (Fig.5.41). Presupposition is the analysis of 
unmixed samples. The limiting factor of this dating method is that the input function is not 
precisely known (Forster et al. 1992), but analysing this isotope serves as a valuable supple-
ment to other tracer studies with CFC, SF6, 3H, 3He/3H. 
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Fig.5.41 Theoretical relationship between the mean residence times (MRT) of 3H and 85Kr calcu-
lated with the exponential groundwater model for 1985 (Fig.3.5) and southern Germany. 
The 3H value A yield two MRT values of 6 and 32 yr, the 85Kr value B yields an even 
more precise MRT of 33 yr (after Salvamoser 1986). 

 
Case studies are given by Forster et al. (1992); the potentials of the method are discussed by 
Ekwurzel et al. (1994).  
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5.2.2.9 IODINE-129 

Physical fundamentals 
129I is radioactive and has a half-life of 15.7 Ma. It is cosmogenically formed in the upper at-
mosphere and anthropogenically by nuclear weapons tests (Paul et al. 1987). In addition, 129I 
is present in gaseous emissions from nuclear reactors and reprocessing plants. Its concentra-
tion is usually given as atomic ratio to the stable 127I. 

Samples are extracted from a few litres of water and measured by AMS (Volume I). 

Applications 

Hydrogeological applications are being proposed for the age range of  3 to 80 Myr (e.g. 
Fabryka-Martin et al. 1987), 129I is applied for dating and tracing slow-moving groundwater 
but also for the detection of young groundwater. As for the other environmental isotopes, 
mixing of groundwater from different sources can be monitored (Fabryka-Martin et al. 1987). 
The nuclear 129I bomb pulse was also detected (Paul et al. 1987). 

In groundwater, the 129I/127I atomic ratio is mainly controlled by the rate of its recharge, the 
leaching from the aquifer rock and of the amount of in-situ uranium fission. Except for under-
ground production, the 129I/127I ratio is quite constant. 

Most probably due to the expensive analytical technique case studies are not known. 

5.2.2.10 URANIUM/HELIUM AND K/Ar METHODS 

Physical fundamentals 

The parent nuclides of the natural 238U, 235U, and 232Th decay series and many of the subse-
quent daughter nuclides (Volume I) are α emitters, i.e. producers of 4He. For example, during 
the decay of 238U to 206Pb 8 helium atoms are produced, seven are produced by the decay of 
235U to 207Pb and 6 by the decay of 232Th to 208Pb. Hence, the helium content increases in a 
closed system (e.g. in a confined aquifer) as a function of the uranium concentration and age. 
Provided loss and gain of helium does not occur, the water age t can be calculated from the 
production rates of 4He by the 235U, 238U and 232Th. If radioactive equilibrium in a rock has 
been established, 1.19×10−13 cm3 STP He/μg U and 2.88×10−14 cm3 STP He/μg Th are pro-
duced annually (Volume I).  

The helium content of groundwater is determined using 100 L samples. After degassing and 
separation of the noble gases, helium is isolated by fractional distillation. The argon concen-
tration is used to correct for disturbing concentration of atmospheric helium. 

Applications 

The U/He method is recommended to determine groundwater ages between several thousand 
years up to 400 Ma (Andrews et al. 1982). The growth of 4He can be used to estimate resi-
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dence times of up to 100 000 yr by comparing the  Ne/He ratio of the groundwater to that of 
atmospherically equilibrated recharge water (e.g. Bottomley et al. 1990) .  

For groundwater dating, the uranium and thorium concentrations are roughly estimated via 
their α activities, because the error due to loss of helium predominates. This is sometimes cor-
rected for by measurement of the 20Ne or 40Ar isotopes. 

Case studies in England and Austria 

The results showed a linear increase of the helium concentration with 14C groundwater age 
However, this increase was larger than the expected excess by helium ingrowth from uranium 
and thorium decay. This is obviously due to migration of helium from adjacent strata. The 
3He/4He ratio would have yielded information on the proportion of crustal helium, that is of-
ten degassed from fracture zones in active tectonic regions (Andrews 1985, Torgersen and 
Clarke 1987).  

An analogous dating method is based on the ingrowth of 40Ar by the decay of the frequently 
occurring 40K (T1/2 = 1.28 Gyr) in rocks (Geyh and Schleicher 1990).  

Case study: Great Artesian Basin, Australia 

In the Great Artesian Basin the 4He concentration increases due to in-situ production, resulting 
in a water age of up to 50 kyr . For ages above 100 kyr, an additional helium flux equivalent 
to the entire crustal production has been taken into account (Torgersen and Clarke 1985; 
Torgersen and Ivey 1985).  

5.2.2.11 RADIUM/RADON  DATING  METHOD 

Physical fundamentals 
222Rn, the daughter of 226Ra, is a radioactive noble gas with a half-life of 3.6 days. Radium is 
easily soluble in water and is gained by dissolution from rock and alpha recoil of 230Th. The 
enrichment of 226Ra in groundwater approaches radioactive equilibrium after about 8000 yr 
(Volume I) (Andrews et al. 1989), and theoretically allows dating up to 5000 yr (Hillaire-
Marcel et al. 1997). 

Sampling for Rn is straightforward, and relatively simple counting devices can measure the 
activities. Because of its short half-life, Rn must be analysed within a few days after sampling 
to obtain the maximum measurement precision (Volume I). 

Applications 

The presence of the short-lived radon in groundwater always means that the source radium is 
not too distant. A fast turn-over time of the groundwater in the aquifer system can be as-
sumed. Rn concentration approaches radioactive equilibrium in the aquifer after a few weeks. 
Radon degasses completely after its discharge to the surface. This allows the detection of dis-
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charge zones of groundwaters into rivers and lakes (e.g. Corbett et al. 1997). Also pumping 
tests profit from radon measurements. 

The radon method can also be applied in areas of karstic flow and in fractured rocks. If the Rn 
concentration in groundwater is known and the Rn flux from the rock surface can be esti-
mated for a particular flow system, the mean fracture width in the system can be estimated 
(Andrews 1991). 

Case Studies: Artificial recharge 

Hoehn et al. (1992) obtained residence times of up to 15 days for artificially recharged river 
water in the aquifer used for the drinking water supply of the town Dortmund, Germany. Also 
the proportion of admixed lake water and pipe leakage could be estimated.  

In hydrothermal systems the [226Ra/222Rn] activity ratio has been shown to be a sensitive in-
dicator of low-temperature interactions of hydrothermal solutions with crustal rocks along the 
Galapagos Rift. Information was gained about the mixing and flow history of these hydro-
thermal solutions (Dymond et al. 1983). 

5.2.2.12 234U/238U DATING METHOD 

Physical fundamentals 
234U is produced by radioactive decay (T1/2 = 247,000 yr) of 238U, the most abundant uranium 
isotope. 

Uranium is extracted from 2 – 10 L of groundwater either by precipitation with Fe(OH)3 or 
aluminium phosphate or by adsorption on a strongly basic anion exchange resin (Gascoyne 
1981). The activities of the uranium isotopes are determined alpha-spectrometrically or mass-
spectrometrically (Volume I). 

Processes 

In solid lattices 234U is bound less tightly than 238U. In the UVI+ state it is more easily dis-
solved (Petit et al. 1985). As a result there is a wide range of 234U/238U activity ratios between 
0.5 and 40 in sediments and rocks and consequently also in groundwater with uranium con-
centrations between 0.1 and 25 ppb.  

There are three zones of differing uranium chemistry. In the oxidising zone near the catch-
ment area, uranium occurs in the chemically stable, highly soluble +6 oxidation state. Here, 
uranium acts as a conservative tracer and becomes enriched like 234U. This is due to α recoil 
ejection of 234Th (from the disintegration of 238U: Volume I) at the rock-water interface and 
the preferential leaching of 234U due to lattice radiation damage. Leaching of uranium from 
the rocks of the aquifer results in a nearly linear increase in uranium concentration and in an 
increase of the 234U/238U activity ratio (Rogojin et al. 1998). 
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In the transition zone (downstream from the oxidising zone), both this ratio and the uranium 
concentration pass through a maximum (Fig.5.42). Further downstream, in the reducing zone, 
the 234U/238U activity ratio decreases slowly and more or less linearly as a function of the resi-
dence time, while the uranium concentration remains relatively constant at a very low level 
(Pearson et al. 1983). 
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Fig.5.42 Illustration of the changes of the uranium concentration and 234U/238U activity ratio in the 

oxidising, transition, and reducing zones of an aquifer (after Osmond et al. 1983; Pearson 
et al. 1983; Fröhlich and Gellermann 1986). The rise in the oxidation zone seems to be 
suitable for water age determination (Fig.6.43; Rogojin et al. 1998). 

 
Andrews et al. (1982) developed a model for closed systems to calculate the evolution of the 
234U/238U activity ratio and the uranium concentration of the water as function of the density, 
the water-rock surface and the leachable uranium concentration of the rock. The width of the 
fractures is the most sensitive parameter. The inhomogeneity of the corresponding distribution 
does not allow absolute age determinations but yield valuable information on changes in the 
flow regime.  

Applications 

The first attempt to date groundwater with the 234U/238U activity ratio was concentrated on 
the oxygen-free part of aquifers. They were all not successful mainly due to complicated and 
not yet fully understood chemical reactions of uranium with the aquifer rocks (Andrews et al. 
1982). However, the 234U/238U activity ratio allows to study hydrodynamic mixing processes 
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from rock joints and flow regimes (Osmond et al. 1983). Additionally, it yields valuable in-
formation on the hydrogeological history of the aquifer. Values around one confirm that the 
aquifer was not tectonically disturbed since many hundred thousands of years. Higher values 
indicate relative young rock surfaces that are formed after earthquakes or tectonic movement 
(Wakshal and Yaron 1974). 

Groundwater datings of samples from the oxidising zone in a limestone and a sandstone aqui-
fer in Israel were successful. A reasonable agreement was found between 14C water ages and 
those of the 234U excess (Rogojin et al. 1998) (Fig.5.43). 
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Fig.5.43 Exponential fit between the specific 14C activity of groundwater DIC from the Judea 
Group aquifer, Israel, and the corresponding specific 234U-excess activity (after Rogojin 
et al. 1998). 
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